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Abstract 


The carbon isotope systematics of marine carbonates, organic matter and dissolved inorganic carbon (DIC) play a 
critical role in quantifying carbonate dissolution fluxes from modern deep-ocean sediments to paleoocean—atmospheric 
modeling. However, there is a growing body of evidence that C mass and isotope balances in marine pore waters appear 
incompatible, suggesting that some processes other than mass transport, carbonate dissolution, and organic matter 
decomposition have significantly increased the value of 5!° Cwic. We present a comprehensive data set of pore water and 
sediment geochemistries in biogenic carbonates from well-characterized depositional environments of the South Florida 
platform. Pore water elemental and 8° Cwic) values are integrated with 5!3C values of carbon sources (seawater, organic 
and inorganic carbon), sediment mixing rates (*'°Pb profiles), microbial sulfate reduction rates (SRR) (radiotracer 
*°SQ7), and incubation experiments spiked with low 8°CoIc) to estimate the rate and extent of C isotope exchange. 
Together, these data indicate that biogenic carbonates undergo extensive syndepositional recrystallization at rates 
comparable to net dissolution rates, permitting significant exchange between isotopically depleted organic C and 
isotopically enriched inorganic C pools. 

Significant amounts of net carbonate dissolution are common in the pore waters of these low-Fe sediments, as 
manifested by Ca?" /CI~ ratios increased by up to 25% relative to overlying seawater. Despite rapid microbial SRR, 
degrees of pore water SOZ reduction usually are maintained below 5% by H2S oxidation, the main acid source for 
dissolution. These processes increase pore water DIC concentrations by more than 6 mM, over a 5-fold increase relative to 
overlying seawater values. Pore water §2°CoIE values are usually greater than —5%o, and sometimes as high as +2%o, 
despite decomposition of organic matter with low 8'°C values (—9%o to —15%o VPDB). Pore water 8° Cwic) values thus 
require inputs from inorganic C that exceed those from organic C, even though less than 25% of the DIC can be accounted 
for by the amount of net carbonate dissolution indicated by Ca**/CI” ratios. Incubation experiments attain DIC 
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concentrations in excess of 20mM during closed system SO7 reduction, but 8°CoIE values remain buffered between 
~4%o and —6%o. Exchange of '*C for ‘°C during carbonate recrystallization in pore waters is required to reconcile the 
significant imbalance between mass and isotope budgets. 

Past work and data presented here for Sr** /Ca?" in pore waters show that recrystallization of biogenic aragonites and 
high-Mg calcites from South Florida platform sediments can occur without significant mineralogic change. Although these 
phases are metastable relative to lower Mg-calcite, the drive for recrystallization does not appear to be mineralogic 
stabilization. Instead, the high surface areas of many biogenic carbonates from algal and foraminiferal sources (about 
2m*g~') contribute excess surface free energy that is released by recrystallization to larger crystallites of the same 
mineralogy. Studies of carbonate dissolution and precipitation kinetics have firmly established that high ratios of solid 
surface area: solution volume causes reaction of CO, with grain surfaces to become the rate-limiting step. Thus, in 
sediment-pore water systems containing carbonates with high specific surface areas, pore water 8° Cre) may be buffered 
either by the value of the bulk CaCOs3, producing 8° Cwic) values approaching +2%o, or by the relatively large 
fractionation factor between CO, and solid CaCO3 (A~—8%o), producing 8° Cwic) values that approach —6%o VPBD. 
The observed magnitude of isotopic exchange between organic and inorganic carbon pools during the earliest stages of 
sedimentation has ramifications for the interpretation of the C isotopic record of marine carbonate rocks and contributes 


significant uncertainty to reconstructions of paleoocean and atmospheric chemistries. 
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1. Introduction 


Shallow marine platform carbonate deposits, 
composed of metastable biogenic aragonite and 
high-Mg calcite, comprise between 20% and 30% of 
the current inventory of the oceanic sedimentary 
carbonate reservoir despite their currently small 
areal extent (e.g. Opdyke and Wilkinson, 1988; 
Milliman, 1974). Deep-sea carbonate deposits, 
composed largely of biogenic low-Mg calcite, are 
currently the dominant carbonate reservoir. How- 
ever, prior to the rise of planktonic calcite-secreting 
organisms, shallow platform carbonate deposits 
were probably the main carbonate accumulation 
sites, regardless of global sea level (e.g. Milliman, 
1974; Hay and Southam, 1977). 

Shallow marine carbonates are generally not 
considered important reservoirs for modeling of 
carbon and sulfur mass and isotopic exchanges over 
geologic time because of their low wt% Corg and 
low sulfur contents (Berner and Canfield, 1989; 
Canfield, 1989; Berner, 2001). Because organic 
matter in carbonates is rapidly oxidized during 
early marine diagenesis, ancient carbonates rarely 
contain more than 0.5wt% Cor (e.g. Canfield, 
1989). Iron contents of modern platform carbonates 
are also very low (Morse et al., 1985; Walter and 
Burton, 1990; Chambers et al., 2001; Lyons et al., 
2004), precluding significant burial of reduced S as 
FeS;. Nevertheless, global biogeochemical models 
of ancient oceanic and atmospheric chemistry rely 
on constraints provided by the carbon isotope 


record from ancient carbonate rocks and amounts 
of organic carbon burial (e.g. Berner et al., 1983; 
Berner, 2001). 

Furthermore, global models have come to depend 
critically on the difference in the C isotope values of 
paired organic carbon—carbonate rock samples over 
geologic time (Hayes et al., 1999; Kump and 
Arthur, 1999). These models are important because 
in addition to explaining past variation in global 
element cycling, they provide the basis for global 
climate models used to predict future scenarios 
associated with increases in atmospheric CO,. The 
global carbon cycle also may be influenced on 
human timescales of centuries by interactions 
between anthropogenic CO, and shallow marine 
carbon reservoirs (Mackenzie et al., 2000, 2004). 

Carbonate dissolution and organic carbon de- 
composition are very closely coupled, whether in 
deep-sea or shallow marine settings. Carbonate 
dissolution can occur above the oceanic calcite 
saturation depth in pore waters that are under- 
saturated with respect to calcite because of organic 
matter decomposition and CO generation (Emer- 
son and Bender, 1981; Emerson, 1985; Milliman 
et al., 1999; Wenzhofer et al., 2001). Shelf carbo- 
nates can be affected by the same process, albeit at a 
much more rapid rate. The rapid rate of organic 
carbon metabolism in shelf carbonates is sustained 
by intense bioirrigation and bioturbation that 
continually introduce fresh organic matter to the 
sediment column. This process operates at a much 
lower rate in deep-sea carbonates because organic 
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matter flux rates and organic matter reactivity 
decline steadily with oceanic depth (Suess, 1980; 
Jorgensen, 1982; Emerson, 1985). 

Sulfide oxidation in carbonate pore waters has 
been invoked as the main acid source for volume- 
trically significant carbonate mineral dissolution 
(Walter et al., 1993; Ku et al., 1999; Burdige and 
Zimmerman, 2002) and is evidenced by major shifts 
in pore water SOz;7-5'8O values via rapid redox 
cycling of sulfur (Ku et al., 1999; Moreira et al., 
2004). Importantly, sulfide oxidation is no doubt 
driven by oxygen supplied to sediments by biotur- 
bation and resuspension, but has been most closely 
linked to enhanced Oz mass transport by root 
respiration of marine grasses (Smith et al., 1984; Lee 
and Dunton, 2000; Burdige and Zimmerman, 2002; 
Holmer et al., 2003; Borum et al., 2005; Xu and 
Burdige, 2007). The coupled processes of sulfide 
oxidation and sediment disturbance maintain pore 
water sulfate concentrations close to overlying 
seawater values, despite rapid rates of organic 
matter decomposition, which occurs largely by 
sulfate reduction (Walter and Burton, 1990; Burns 
and Swart, 1992; Ku et al., 1999; Furukawa et al., 
2000; Burdige and Zimmerman, 2002). 

Given the relatively small suite of reactions that 
produce dissolved inorganic carbon (DIC) in 
marine pore waters, it is natural that the mass and 
isotope budget of DIC, which represents the 
summation of COoa@q) + HCO; + CO” concentra- 
tions, would be employed to determine the relative 
importance of carbonate mineral and organic 
matter sources. Many investigations of carbon 
isotope values of pore water DIC have been 
conducted on deep-sea carbonate deposits, which 
are largely composed of biogenic low-Mg calcite 
(McCorkle et al., 1985; McCorkle and Emerson, 
1988; Sayles and Curry, 1988; McArthur, 1989; 
Jahnke et al., 1997; Martin et al., 2000). These data 
have been used in concert with carbon isotope 
budgets of organic matter and carbonate carbon to 
determine carbonate dissolution rates and the 
proportions of organic carbon and carbonate 
carbon in DIC. 

In nearly every example, a significant discrepancy 
exists between the small amount of calcite dissolu- 
tion expected from water chemistry and the 
relatively large amount of calcite dissolution re- 
quired to generate the observed pore water 
8° Cwic values (Sayles and Curry, 1988; 
McArthur, 1989; Martin et al., 2000). Because pore 
water chemical evolution in these settings is 


relatively modest in terms of increases in DIC 
concentrations, it is difficult to determine indepen- 
dently the isotope mass balances from amounts of 
carbonate dissolution given very small changes in 
pore water Ca**/CI~ ratios. Even where this has 
been possible, an imbalance still exists such that the 
amount of carbonate dissolution contributes a 
larger fraction of pore water DIC than expected 
(Jahnke et al., 1997; Martin et al., 2000). 

In contrast, the 8° Cwic) values of shallow shelf 
environments tend to have greater extents of pore 
water chemical evolution making the mass balance 
of contributions to the C isotope pool more precise. 
The most detailed case study addressed the terrige- 
nous shelf deposits of Buzzards Bay, MA, with 
small amounts of biogenic carbonate from infaunal 
bivalves (McNichol et al., 1988, 1991). Despite the 
improved resolution of the amount of carbonate 
mineral dissolution, the imbalance between the 
small amounts of carbonate dissolution indicated 
by changes in Ca**/Cl~ of pore waters and the 
larger amounts indicated by the Ss Coeig remained. 
Net carbonate dissolution contributed less than 
10% of the pore water DIC, but most pore waters 
had 8° Cwic) values greater than —10%o. Recently, 
Hu and Burdige (2007) report enriched stable 
carbon isotope compositions in pore waters of 
modern shelf carbonate sediments of the Great 
Bahama Bank. They observed a correlation between 
density of seagrass colonization and the amount of 
carbonate recrystallization required to balance the 
C isotope budget between organic and inorganic C 
contributions to the DIC pool. They interpreted the 
variable extents of carbonate recrystallization to the 
dissolution history of the carbonate surfaces that 
are controlled by the abundance of seagrasses. 
However, the degree of pore water DIC evolution 
was relatively modest in most cases introducing 
significant uncertainties into the mass balance 
between amounts of sulfate reduction, net carbo- 
nate dissolution, and input of organic carbon to the 
DIC pool. Furthermore, the sediment types colo- 
nized by seagrasses had more skeletal carbonate 
contributions from algae and foraminifera while 
oolitic deposits dominated the low seagrass density 
environments. These grain types had different 
ultrastructures and surface areas for reaction which 
could also be important in controlling the recrys- 
tallization reaction. 

There are other instances where much better 
agreement exists between DIC mass and isotope 
budgets. Recent studies of the 8'°C values from 
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pore waters of deltaic sediments of the Amazon 
(Aller et al., 1996; Zhu et al., 2002) and Papua, New 
Guinea (Aller and Blair, 2004) exhibit good agree- 
ment between the 8'°C value of the source of 
organic carbon and that of the pore water 5!° Cowie: 
Importantly, carbonate minerals in these sediments 
are largely diagenetic, produced by anoxic pore 
water iron and manganese diagenesis. In the Gulf of 
Trieste, Northern Adriatic Sea, Ogrinc et al. (2003) 
report 8°Cwic fluxes from carbonate-rich sedi- 
ments that are consistent with the 5'°C value of the 
organic carbon undergoing respiration (about 
—20%o), with only minor inputs from carbonate 
mineral dissolution. The carbonate sediment 
sources here appear to be largely detrital low-Mg 
calcite and dolomite, which would be compatible 
with the low amounts of net carbonate dissolution 
reported by Ogrinc et al. (2003). 

Recrystallization of the biogenic aragonite and 
high-Mg calcite produced on modern platforms has 
been identified by changes in grain microstructure 
(Alexandersson, 1972; MacIntyre and Reid, 1995, 
1998; Furukawa et al., 1997; Reid and Macintyre, 
1998) and also by changes in pore water elemental 
chemistry (Rude and Aller, 1991). However, de- 
tailed investigations of down core mineralogy have 
repeatedly failed to reveal significant changes in the 
relative amounts of aragonite, high-Mg calcite, and 
low-Mg calcite within the upper meter of carbonate 
sediment (Berner, 1966; Walter and Burton, 1990; 
Andrews et al., 1997). Instead of a thermodynamic 
drive related to the difference in high-Mg calcite and 
aragonite stabilities relative to low-Mg calcite, the 
thermodynamic drive is related to the excess surface 
free energy associated with the very fine crystallite 
sizes of some biogenic carbonates. Walter and 
Morse (1985) provided specific surface areas for 
many biogenic carbonates. The highest values were 
observed for algal and foraminiferal carbonates, 
ranging from 2 to 24m?g~'. Specific surface areas 
for coral, molluscan, and echinoid materials were 
lower, typically between 0.15 and 0.50m*g™! 
(Walter and Morse, 1985). Dissolution kinetics 
and specific surface areas of various molluscan 
materials presented recently by Cubillas et al. (2005) 
also fall within the lower surface area range. 

Hover et al. (2001) determined crystallite size 
distributions for living specimens of the most 
common biogenic carbonate sources to Florida 
Platform sediments, Halimeda (calcareous green 
alga) and Peneroplis (foraminifer). For Halimeda, 
about 25% of the crystallites were smaller than 


100nm wide, and for Peneroplis, 25% of the 
crystallites were smaller than 50 nm wide, diameters 
consistent with high BET-measured surface areas 
(about 2.0m*g~') determined for both Halimeda 
and Peneroplis (Walter and Morse, 1984, 1985). The 
influence of particle size on solubility is known to 
become significant for grain diameters below 
100nm. As an illustration, the relative increase in 
surface free energy for a crystallite size of 20nm is 
similar to the offset in free energy between aragonite 
and low-Mg calcite (Morse and Mackenzie, 
1990). 

Taken together, these results suggest that some of 
the mass balance problems in other locations may 
be related to the presence of biogenic carbonates 
with high surface areas that can undergo recrystal- 
lization and isotope exchange. One of the best 
locations to investigate the effects of biogenic 
carbonate recrystallization on pore water 8° Coie) 
evolution is the South Florida platform, a tropical 
carbonate bank environment characterized by rapid 
production of biogenic carbonate materials and 
also by significant dissolution fluxes (Walter and 
Burton, 1990; Rude and Aller, 1991; Walter et al., 
1993; Ku et al, 1999; Lyons et al., 2004). 
Independent estimates of net carbonate dissolution 
fluxes from environments on the South Florida 
platform suggest values of between 250 and 
500umolem~*yr~' (Walter and Burton, 1990; 
Rude and Aller, 1991). Although inorganic carbo- 
nate precipitation has been repeatedly invoked for 
Great Bahama Bank environments (e.g. Robbins et 
al., 1997; Morse et al., 2003), the environments of 
South Florida have large standing crops and turn- 
over rates of calcareous algae that more than 
account for the accumulation rates of carbonate 
mud in Florida Platform sediments (Stockman 
et al., 1967; Turmel and Swanson, 1976; Bosence 
et al., 1985). 

Herein, we present evidence for carbonate recrys- 
tallization in shelf sediments from 8'°C values of 
pore water DIC. We show that even though DIC 
concentrations in shelf carbonate pore waters 
increase during microbial sulfate reduction by 
factors of 4-6 relative to original seawater values, 
the 8° Cwic) values remain relatively high, seldom 
attaining values less than —5%o0 VPBD. Results from 
incubation experiments, integrated with estimates of 
dissolution rates and organic carbon decomposition 
rates, allow constraints to be placed on the 
magnitude and the rate of C isotopic exchange 
occurring between organic C and carbonate C 


L.M. Walter et al. / Deep-Sea Research II 54 (2007) 1163-1200 1167 


reservoirs during the earliest stages of deposition in 
the shallow marine environment. 


2. The South Florida platform 


Many of the sites on the South Florida platform 
(Fig. 1) have been the subjects of previous studies of 
pore water and sediment geochemistry (Berner, 
1966; Rosenfeld, 1979; Walter and Burton, 1990; 
Rude and Aller, 1991; Burns and Swart, 1992; 
Walter et al., 1993; Ku et al., 1999; Furukawa et al., 
2000; Lyons et al., 2004). Like many other shelf 
environments, the rapid supply of organic matter 
leads to anoxic conditions very near the sediment/ 
water interface, making sulfate reduction the pri- 
mary pathway of organic matter decomposition 
(Jorgensen, 1982; Furukawa et al., 2000). Pore water 
chemistry evolves via three main reactions that can 
generate DIC or affect carbonate dissolution: 


microbial sulfate reduction (yields 2 DIC) : 
2CH20 + SOF” > H2S + 2HCO;3-, (1) 


microbial sulfate reduction (no DIC produced) : 
H.S + 20) > SO} +2Ht, (2) 


carbonate dissolution (yields 1 DIC) : 
CaCO; + CO; + H,O = Ca*+ + 2HCO3-. (3) 


Marathon 


w 
e 


The importance of sulfide oxidation in these low-Fe 
sediments has been established in these sediments by 
changes in the oxygen isotope composition of pore 
water SOq4” (Ku et al., 1999). A paradox that has 
long been noted in shelf carbonate sediment pore 
waters is the low apparent degree of sulfate 
reduction, evidenced by nearly constant SOZ/Cl7 
concentration profiles, and the rapid rate of micro- 
bial sulfate reduction in the sediments. In part, this 
can be explained by the rapid admixture of surface 
seawater into the sediment-pore water system. 
However, Walter et al. (1993) showed from pore 
water DIC mass balances that the amount of DIC 
was too large to be accounted for by the degree of 
sulfate reduction. 

Local sulfide reoxidation can produce this im- 
balance according to the following series of linked 
reactions: 


2CH,0 + SO, > H2S + 2HCO;-, (4) 
H2S + 20) > SOF + 2Ht, (5) 
2CaCO; + 2Ht+ = 2Ca?+ + 2HCO3-, (6) 


2CH20 + 20) + 2CaCO3 => 2Ca** + 4HCO3~. (7) 


The net reaction (7), for a completely efficient 
sulfate reduction-sulfide oxidation cycle, is the same 
as for oxic respiration. However, the large shift in 


Fig. 1. Map of the South Florida platform study sites, focusing on central Florida Bay and the Atlantic reef tract. The locations where 
sediment cores and seawater samples were taken are indicated for Captain, Crab, and Shell keys in central Florida Bay. The location of 
Bob Allen key in Florida Bay, the site of previous studies (Rude and Aller, 1991; Lyons et al., 2004), is also indicated. Sample sites on the 
Atlantic reef tract include Tavenier and Rodriguez keys as well as three sites in Hawk Channel seaward of Rodriguez (R1 and R2) and 
Tavernier (T1) keys. A site in Hawk Channel (hen and chickens reef) was sampled for seawater only. 
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the 3'°Oso,) observed in many South Florida 
platform pore waters that have near seawater 
SO%Z concentrations suggests that SOZ has been 
through a redox cycle (Ku et al., 1999). This is 
supported by the observation that pore waters 
with the largest amount of shift in the 3'°Oso,) 
also have the largest amount of Ca? increase from 
carbonate dissolution. Natural pore waters that 
have experienced a sulfide oxidation cycle do 
not achieve the completely efficient conversion of 
H,S to SOF implied by net reaction (7), due in 
part to loss of H2S from the sediment-pore water 
system. 

The depositional and hydrographic environments 
of the central Florida platform (see Fig. 1) can be 
broadly divided into two areas; restricted, muddy 
depositional environments of Florida Bay and the 
more open, exchanged coarser-grained depositional 
environments of the Atlantic reef tract (inner and 
outer shelf) (Ginsburg, 1956; Enos, 1977; Enos and 
Perkins, 1979). As noted by previous investigators 
(Ginsburg, 1956; Lloyd, 1964; Walter and Burton, 
1990; Patterson and Walter, 1994b), salinity on the 
Florida reef tract is much more constant than 
Florida Bay. Florida Bay salinities vary in response 
to rainfall and water influx from the Everglades; 
salinity history shows that values have oscillated 
between 20% and 65%o for inner portions of Florida 
Bay. Annual temperature cycles are significant, with 
mean water temperatures ~18°C in January and 
~29°C in August. Water depths over the platform 
only exceed 2m in Hawk Channel and in some 
portions of Florida Bay, and therefore most of the 
sediments studied are from less than 2m water 
depth. 

Sediment is nearly pure carbonate, consisting 
dominantly of metastable carbonate minerals (ara- 
gonite and high-Mg calcite). Sediments are pro- 
duced largely by the breakdown of calcareous green 
algae (Ginsburg, 1956; Stockman et al., 1967; Enos, 
1977), although foraminifera and molluscs can 
contribute significantly to Florida Bay sediments 
(Enos, 1977; Wanless and Tagett, 1989). Contribu- 
tions from corals and red algae are more 
significant near the reef and local carbonate build- 
ups such as Tavernier and Rodriguez keys on the 
Atlantic reef tract (Ginsburg, 1956; Turmel and 
Swanson, 1976; Bosence et al., 1985). Bioturbation 
is common and extensive in nearly all environments 
(Shinn, 1968; Turmel and Swanson, 1976; Bosence 
et al., 1985; Walter and Burton, 1990; Furukawa 
et al., 2000). 


We chose three broad environments on the 
Atlantic reef tract for investigation; Tavernier and 
Rodriguez key banks, offbank deposits associated 
with Tavernier key, and coarser grained sediments 
close to Hawk Channel (see Fig. 1). Sites sampled in 
Florida Bay focused on the keys in the central 
portion of Florida Bay. Florida Bay sedimentary 
environments are well characterized (Ginsburg, 
1956; Enos, 1977; Enos and Perkins, 1979) and fall 
into three sedimentary facies. The Bay is divided 
into smaller basins, or “lakes” by migrating and 
coalescing mudbanks. Small islands, such as: Crab 
keys, Shell key, Captain key and Bob Allen keys, 
are emergent banks generally fringed by stands of 
black mangrove. Most of the sediment mass in 
central Florida Bay is stored in mudbank deposits 
that can be up to 4m thick (Enos and Perkins, 1979; 
Wanless and Tagett, 1989). However, most of the 
Bay area is covered by “‘lake”’ basins that typically 
have sediments thickening towards adjacent keys 
and mudbanks, with Pleistocene limestone occa- 
sionally exposed in the deepest parts of the basin. 

The depositional systems of central Florida Bay 
have been characterized as migrational, with mud- 
bank deposits migrating eastward, fed by sediments 
sourced to the west from island fringe and lake 
deposits (Wanless and Tagett, 1989). Sediment 
movement is largely driven by winter storms from 
west to east, with hurricane-related effects of only 
local importance (Wanless and Tagett, 1989). Our 
sampling sites included sediments associated with 
windward fringes of Captain, Crab, and Shell keys, 
leeward deposits of migrating mudbanks associated 
with Crab and Captain keys, and several ‘‘lake”’ 
basin sites south of Captain and Crab keys. 
Burrowing and bioturbation are less important in 
determining the fabric and sediment chemistry of 
mudbank deposits than they are in Florida Bay lake 
and island fringe environments. 

Holocene sediment thickness among environ- 
ments in Florida Bay and the Atlantic reef tract 
varies from effectively zero in areas of Pleistocene 
bedrock exposure (Florida Bay “lake” basins) up to 
values of 4m in the thickest mudbank accumula- 
tions (e.g. Enos and Perkins, 1979). Production 
rates from individual biogenic carbonates vary by 
large amounts as well, being highest for calcareous 
algae and corals (up to 1.5mmolcm~ yr~'; Bosence 
et al., 1985). However, sediment produced within a 
given environment often does not accumulate there. 
For example, short-term sedimentation rates deter- 
mined from *!°Pb profiles in Florida Bay mudbanks 
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suggest carbonate accumulation rates of between 
1.5 and 10mmolcm~” vi (Rude and Aller, 1991; 
Robbins et al., 2000; Lyons et al., 2004). In contrast, 
long-term sedimentation rates from '*C dating of 
Tavernier Bank suggest average carbonate accumu- 
lation rates of only about 0.4mmolcm~’yr7! 
(Bosence et al., 1985). Thus, it is usually not 
possible to construct meaningful mass balances 
between rates of biogenic production, net dissolu- 
tion, and sediment accumulation rates on the scale 
of individual depositional environments in the 
South Florida platform. 


3. Methods 
3.1. Field sessions and sample types 


The data presented here were gathered during two 
field sessions. The winter field session ran from 
December 29 to January 21, 1989, and the summer 
field session ran from July 5 to 28, 1989. During the 
winter session, a shore-based laboratory was im- 
provised at the La Jolla Resort Motel in Islamor- 
ada. The R.V. Calanus (University of Miami) was 
employed for the summer field session, and its larger 
laboratory space facilitated more detailed geochem- 
ical studies of sediment chemistry (incubation 
experiments and sulfate reduction rates (SRR) using 
radiotracer *°SOZ~ techniques). It is important to 
stress that our group has also studied the same field 
sites at later dates with different research goals and 
that the fundamental chemistry of the various 
environments sampled has been similar each time 
(see Ku et al., 1999; Lyons et al., 2004). Thus, the 
observations appear to be reliable indicators of the 
steady-state condition of these platform sediments 
at least over a 10-20 year time frame. 

Most sites were sampled during both sessions to 
cover seasonal variation in overlying seawater 
chemistry and sediment chemistry. Sediment box- 
cores fabricated of plexiglass with water tight seals 
were used to sample the upper 30cm, and butyrate 
tube cores were used for deeper sediment sampling 
(upper 120cm). Cores were obtained using scuba 
equipment when water depths were over 2m. This 
was only necessary in Florida Bay for sampling lake 
sites (3m water depth), and in the Atlantic reef tract 
when sampling offbank (3m water depth) and 
Hawk Channel (5m water depth) sites. 

Seawater samples were collected from all of the 
sample sites across Florida Bay and the Atlantic reef 
tract. Samples of less chemically evolved outer shelf 


seawater were collected near hen and chickens patch 
reef in Hawk Channel (see Fig. 1). A limited, but 
representative, suite of organic matter sources to 
Florida Bay and reef tract sediments was collected 
during the January 1989 session. The collection 
effort focused on calcareous algae and seagrass, 
sampling near Crab key from the island fringe 
environment and on Tavernier key bank. Both of 
these plants are known to turn over rapidly and are 
likely the main organic matter sources to carbonate 
sediments in South Florida (e.g. Stockman et al., 
1967; Fourqurean and Schrlau, 2003) as well as to 
Little Bahama platform (Rasmussen et al., 1990). 


3.2. Sampling methods and field measurements 


Field methods and analytical procedures are 
presented in detail elsewhere (Walter and Burton, 
1990; Ku et al., 1999; Lyons et al., 2004). Sampling 
typically involved taking one sediment boxcore, one 
long tube core, and overlying seawater samples at 
each site. Overlying water temperatures and pH 
values were measured immediately upon collection 
using a Ross (Orion) combination pH electrode to 
determine pH on the NBS traceable scale. Seawater 
was filtered into a large plastic bottle with no 
headspace and stored in a cooler for later subsam- 
pling and analyses. After the sediment boxcores 
were retrieved, they were stored in used glove bags 
with open sample bags of anoxic sediment packed 
around the base of the boxcore to help prevent 
oxidation in transit back to the field laboratory. 
Tube sediment cores were capped tightly, securely 
taped and stored upright until processing. At several 
sites, representative plants and some organisms 
were collected for later stable carbon isotope 
analyses at University of Alberta. 

Sediment pore waters were removed by sectioning 
box cores (up to 26cm depth; at 2cm intervals) and 
deeper tube cores (up to 1.2m; at 5cm intervals) in a 
glove bag under N>, loaded into N> flushed 50cm? 
centrifuge tubes in the glove bag, and then 
centrifuged for 20min at 4000rpm. After centrifu- 
gation, centrifuge tubes were returned to the N> 
flushed glove bag and pore waters were collected 
from the top of each tube into a 50-cm? plastic 
syringe. Pore waters were then filtered through a 
0.45-um filter and dispensed into prepared sample 
bottles for redox active species while still under 
nitrogen. Samples for total dissolved sulfide ()>H>S) 
analyses were placed in 8-ml glass vials preloaded 
with cadmium acetate to immediately trap the 
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>°H2S as CdS. Excess cadmium served as a 
bacteriacide to prevent further microbial activity. 
Another pore water aliquot was fixed with a few 
grains of granular Zn acetate for later analysis of 
dissolved sulfate/chloride ratios by ion chromato- 
graphy. 

The remaining pore water in the syringe was 
taken out of the glove bag for the dispensing of 
samples with less redox sensitive behavior. Samples 
of pore water for DIC and stable carbon isotope 
analyses were dispensed from the syringe immedi- 
ately upon leaving the glove bag. The seawater 
samples were dispensed for the same range of 
analyses as the pore waters. Following procedures 
developed by McCorkle et al. (1985), filtered 
samples were transferred from gas-tight syringes 
into glass ampules preloaded with mercuric chloride 
as a bacteriacide. Ampules were flame-sealed 
immediately after filling and stored refrigerated 
until later laboratory analysis. A small aliquot was 
preserved with a drop of concentrated nitric acid for 
later cation (Ca, Mg, Sr, Na) analysis by ICP—OES. 
The residual pore water was then dispensed directly 
into microtitration cups for the potentiometric 
titration of alkalinity (41%), Ca?* (40.25%), 
and Cl (40.5%) following methods detailed in 
Walter and Burton (1990) and Ku et al. (1999). 
Most samples were run in duplicate to improve 
precision, and the titrations were completed within 
an hour after dispensing. 


3.3. Laboratory analytical procedures 


Procedures for ICP-OES analyses and ion 
chromatography of pore waters and seawaters at 
the University of Michigan are as given in Ku et al. 
(1999). Precision for individual cation and anion 
analyses was within 2%. However, anion ratios 
(SOq /CI) were determined by ion chromatography 
with a precision of +0.5% using IAPSO as a check 
standard. 

The H,S trapped as CdS (+0.05mM) was 
determined by acidification under vacuum followed 
by coulometric titration. DIC concentrations for 
seawater and porewater samples were determined 
by coulometric titration after breaking the ampule 
in a sidearm attachment maintained under nitrogen 
gas flow. Detection limits for sulfur and carbon 
were about 10 mol for the sample volumes used. 

Carbon isotope values of DIC were determined at 
the University of Alberta. The glass ampules 
containing seawater were cut open and 5ml of 


water were removed with a syringe and immediately 
injected through a septum into a pre-evacuated 
reaction chamber containing | ml of 100% H3PQOx,. 
After a few minutes of agitation the reaction tube 
was attached to a vacuum line. The CO, in the 
headspace was flushed with He gas and recovered by 
a double trap cooled by liquid nitrogen. The CO, 
was then transferred into a sample tube and 
analyzed on a Micromass 602D mass spectrometer 
with a precision of +0.2%o VPDB. 


3.4. Solid phase analyses 


Sediment samples reserved from box and tube 
cores were stored frozen until analysis. Porosities 
were calculated from the weight loss during drying 
and assuming a dry bulk sediment density of 
~2.8gcem*. Total carbon and inorganic (CaCO3) 
carbon were determined by coulometric titration of 
the CO, liberated during combustion and HCl 
digestion, respectively. Organic carbon was calcu- 
lated by difference. Analyses of CaCO 3 standards 
were generally accurate within 1-2%. 

Carbon isotope analyses of carbonate sediments 
and of organic matter were conducted at the 
University of Alberta with a precision of 0.1%o0 
VPDB. Organic matter samples were acid cleaned to 
remove associated carbonate material according to 
the protocol of Hedges and Stern (1984). The de- 
mineralized organic matter was analyzed by the 
closed-tube combustion method. Organic matter 
was placed in a quartz glass tube along with CuO, 
Cu and Ag metal, evacuated, then sealed with a 
torch and combusted over night at 800°C. The 
tubes were broken open in a vacuum line, and the 
CO, from combustion was purified cryogenically 
and analyzed on a Micromass 602D masspectrom- 
eter. The carbon isotope ratios of the solid 
carbonates were determined by the method of 
McCrea (1950). 

The carbonate mineralogy of bulk carbonate 
sediment samples from several endmember environ- 
ments was determined by X-ray diffraction using 
biogenic carbonate standards and peak deconvolu- 
tion (see Walter and Burton (1990) for details). 
Percentages are accurate to within 10% of the 
reported value. 

*!Pb profiles were obtained for the upper 30cm 
of sediment from several endmember depositional 
environments to investigate the mixing rates of 
upper sediment layers. Activities of unsupported 
(excess) *!°Pb were quantified via gamma-ray 
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detection using dried sediments in sealed containers 
and correcting for the activity supported by the 
decay of *?°Ra in the sediment (Moore and O'Neill, 
1991). Standard errors for *?°Ra (+0.05dpm g™') 
and for *!°Pb (+0.08dpmg~') introduce an un- 
certainty of +0.1 dpm g' to values of excess *!°Pb. 


3.5. Radiolabeled microbial sulfate reduction rates 


Rates of microbial sulfate reduction were determined 
by *SOj-labeled sediment incubations following 
protocols of Jorgensen (1978) and Fossing (1995). 
Sediments were subsampled during processing of 
boxcores and tube cores while under nitrogen in a 
glove bag. Sediment samples were taken in duplicate 
every 2cm and were loaded into 5cm? syringes sealed 
with rubber septa. Samples were inoculated with 25 wl 
of Nay *°SO, and then stored in a clean nitrogen-filled 
glove bag in the dark for 7h. Samples were maintained 
at a relatively constant temperature of 32°C, the 
working temperature of the small laboratory area set 
aside for radiotracer work aboard the R.V. Calanus 
which opened to the outside and was not air 
conditioned. The incubations were terminated by 
freezing, and the radiolabeled sulfate and hydrogen 
sulfide were separated by a 6N HCI/15% SnCh 
extraction under N>; the liberated H.S was trapped in 
a 2% Zn acetate/6% NH,OH solution (Chanton and 
Martens, 1985). Because of the very low Fe contents of 
the sediments, it is reasonable to assume that the 
*°§-labeled sulfide produced by bacterial sulfate reduc- 
tion during the incubation was preserved in the 
sediment as )°H»S and was thus quantitatively 
liberated during the HCl extraction. The SRR were 
calculated from the H3°S/*°SO7 activity ratios mea- 
sured by liquid scintillation counting using the known 
incubation time and an assumed fractionation factor 
(a) of 1.06 (Jorgensen, 1978). Multiple blank analyses 
were used to arrive at the background correction for 
sulfate and sulfide counting measurements. 


3.6. Sediment incubation experiments for 53 Cynic) 
evolution 


Sediments from two Atlantic reef tract sites 
(Tavernier Bank (B4’) and Tavenier offbank (B5’)) 
and one Florida Bay site (Crab key mudbank, B2’) 
sampled during the summer session were used for 
closed system sediment incubation experiments. 
Three sediment depth intervals (0-2, 4-6, and 
10-12cm) from each site were loaded into 50-cm? 
centrifuge tubes under nitrogen. One set of tubes 


was sealed immediately. The other set was spiked 
with Sml of a solution of Na»CO;3 with a low 
8°Cwic value, sealed, and then shaken to dis- 
tribute the spike into the sediment-pore water 
sample. The spike solution had a titration alkalinity 
value of 30 meq 1! and a 8° Coie value of —20%o 
VPDB. The intent was to increase the pore water 
DIC by about 2mM so that the isotope value of the 
spiked series would be significantly offset from the 
control group but at the same time, not increase 
supersaturation of the spiked pore waters too 
significantly which could cause mass _ balance 
problems by carbonate precipitation. The tubes 
were placed in a N>-filled glove bay, tied off, and 
stored for up to 10 days at about 30°C. Upon 
sacrificing, the tubes were centrifuged as described 
earlier, and pore water aliquots were obtained for 
analyses of DIC, cr cr, and 8° Coc) values 
over the time course of the experiment. 


3.7. Carbonate system parameters and saturation 
states 


Speciation in the carbonic acid system and 
saturation states with respect to aragonite were 
calculated for all pore waters and overlying sea- 
waters from the measured parameters pH, DIC (or 
titration alkalinity if DIC data was not available), 
Ca?*, and Cl” using equations of Millero (1995) for 
the carbonate system in seawater as functions of 
salinity, temperature and pressure. The saturation 
state for seawater samples was calculated at the 
ambient temperature of the overlying seawater. 
Because of the difference in winter session vs. 
summer session pore water temperatures, a value 
of 24°C was used for speciation calculations in 
winter and 28°C for the summer. Given the 
cumulative uncertainties in the measured para- 
meters, aragonite saturation states are accurate to 
within 10% for surface waters. Uncertainties for 
pore water saturation states are considerably worse, 
within 30%, due to the errors associated with 
punch-in sediment pH determinations. 


4. Results and discussion 


4.1. General trends in pore water and seawater 
geochemistry 


The data for pore water geochemistry, 5° CwIE 
values, and sediment organic carbon contents are 
presented in Table 1. The data for overlying 
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seawater geochemical and 5° CoE data are pre- 
sented in Table 2. One of the most fundamental 
differences between overlying seawater and sedi- 
ment pore waters is revealed in the degree of 
supersaturation with respect to aragonite. Most 
pore waters are near equilibrium with respect to 
aragonite (see Table 1) while overlying seawaters are 
generally between 3 and 5 times supersaturated with 
respect to aragonite. Following chemical reactions 
(1) through (4) provided in earlier Section 3.1, the 
pore water parameters most critical to the DIC mass 
and C isotope budget are degree of SOZ” reduction, 
amount of net carbonate dissolution expressed as 
excess Ca*, excess DIC, DIC’, and DIC org -metab. 
which are defined by the following relations: 


Degree of SO; reduction (mM) 


= (S07 /CI")aw Cl;,,) — SOfoy- (8) 
Excess Ca?+ (mM) 

= Cast = (Ca (Cy = Cl) (9) 
Excess DIC (mM) = DICpy—DICgy. (10) 
DIC* (mM) = DIC,w — excess Ca?*. (11) 


DICorgmetab. = DICpw — excess Ca2* — DICyy, (12) 


where pw stands for the measured pore water value, 
sw stands for overlying seawater value. The 
standard ocean value for SOZ_/Cl- of 51.8mM M7! 
(Millero, 1974) was used and did not require 
modification; the standard ocean value of Ca?*/ 
Cl- of 18.8 mMM™! (Millero, 1974) was modified 
for average seasonal values of Ca**/Cl~ determined 
for bank waters, and the DIC,, was taken as the 
average of overlying bank waters for each season 
for either Florida Bay or the Atlantic reef tract 
(see data in Table 2). 

The relations among the key geochemical para- 
meters are presented for South Florida platform 
pore waters in Figs. 2A—C, using the graphical 
approach and categories of geochemical environ- 
ments of deposition used earlier for these sites 
(Walter et al., 1993; Ku et al., 1999). Here, common 
features are emphasized by grouping sites into three 
categories based on the amount of chemical evolu- 
tion of pore waters and on physical characteristics 
of the depositional environments. Pore water data 
in Table 1 have been organized according to these 


broad geochemical groups (e.g. 1-3) and then 
according to site location and season. 

One end member, Group 1, follows closely the 
closed system sulfate reduction pathway where DIC 
increases by 2mol for every mole of SOZ reduced 
(see Fig. 2A). Group 1 also has characteristically 
small amounts of net carbonate dissolution as 
shown by low values of excess Ca?* to moderately 
depleted Ca** values (see Fig. 2B). The stoichio- 
metry between inputs to the pore water DIC from 
net carbonate dissolution is shown in Fig. 2C where 
the proportion of DIC sourced from carbonate 
dissolution (e.g. excess Ca?*) is less than about 
10% of the total excess DIC. Pore waters from 
mudbanks in Florida Bay fall into this category, 
consisting of large extents of sulfate reduction and 
minor amounts of carbonate dissolution from 
sulfide oxidation. Other studies of Florida Bay 
sediment geochemistry have largely focused on 
mudbanks, most notably mudbanks associated with 
Bob Allen keys (Rude and Aller, 1991; Lyons et al., 
2004) shown in Fig. 1. In both of these studies, SOZ- 
depletions are even more extreme than those 
reported here for Captain and Crab key mudbanks. 
Pore waters from Bob Allen keys mudbanks have 
SOZ depletions up to 15mM, with related 
decreases in Ca** concentrations of nearly 3mM. 

Group 2 differs sharply from Group 1 in that 
Group 2 pore waters have large amounts of excess 
Ca’?* and minimal amounts of net SO7 reduction 
(see Fig. 2B). Importantly, the DIC’ values for these 
pore waters exhibit a significant offset from the 
closed system sulfate reduction stoichiometry, de- 
monstrating that there is more DIC present than 
can be accounted for from either carbonate 
dissolution or from apparent degrees of sulfate 
reduction. As discussed earlier, sulfide oxidation 
causes the degree of sulfate reduction to appear low, 
but the reduction/oxidation cycle is revealed from 
shifts in the values of pore water 5'°O;s0,) and by 
the DIC mass balance (Ku et al., 1999). This is 
shown in Fig. 2A where values of DIC’ (e.g. DIC 
corrected for amount of carbonate dissolution) 
exceed the amount expected from the ideal stoichio- 
metry for sulfate reduction (see relation (1)). The 
amount of excess Ca** in Group 2 pore waters can 
be as large as 3mM and the stoichiometry is such 
that carbonate dissolution accounts for up to half of 
the pore water DIC, with DIC produced from SOq~ 
reduction comprising the balance (see Fig. 2C). Pore 
waters from a large majority of environments 
studied are represented in Group 2 (burrowed 


Table 1 


Pore water geochemistry and organic carbon contents 


Site Core Season Interval pH cl SO, H,S Ca Sr DIC Alk BC Q SO, Ex Ces 
(cm) (mM) (mM) (mM) (mM) (mM) (mM) (meq!7') DIC (%  Arag. — red. Ca** (wt%) 
V-PDB) (mM) (mM) 
Group 1 
Captain key B8 Winter (0-2) 7.44 474 23.8 0.25 930 —- 4.00 4.70 —3.82 1.32 0.66 0.11 3.7 
mudbank 
(2-4) 7.29 470 23.2 0.55 954 — 5.45 6.22 —4.18 1.28 1.11 0.42 1.8 
(4-6) 7.25 468 22.2 1.19 965 — 6.65 7.22 —4.63 1.38 1.96 0.57 2.9 
(6-8) 7.20 468 22.3 0.98 965 — 6.40 8.04 —4.42 1.38 1.89 0.56 2.6 
(10-12) 7.23 476 22.6 1.19 9.76 — 7.42 8.96 —4.70 1.65 2.02 0.53 2.3 
(14-16) 7.09 486 23.0 1.07 9.72 —- 8.30 9.16 —4.92 1.22 2.19 0.29 2.7 
(18-20) 6.99 499 22.1 1.86 986 — 10.05 10.95 —3.65 1.17 3.69 0.19 2.9 
(22-24) 6.97 526 22.5 2.90 10.06 — 12.73 14.01 —5.16 1.42 4.75 -015 2.8 
(26-28) 7.07 540 22.3 2.69 10.09 — 12.59 13.51 —5.03 1.71 5.62 —0.39 2.0 
C8 (30-40) 7.04 552 23.9 3.03 10.60 — 11.22 13.64 —3.92 1.68 461 -O11 24 
(40-52) 6.79 566 25.1 2.56 10.89 — 11.57 12.77 —3.42 0.90 4.15 -0.10 2.2 
(62-74) 7.04 577 27.0 0.71 11.18 — 8.14 9.71 —2.61 1.23 2.82 -—0.02 2.1 
(84-96) 7.10 577 28.0 1.27 11.36 — 7.56 8.29 —2.98 1.22 1.89 0.16 1.1 
(106-118) 7.09 572 28.2 0.72 10.97 — 5.78 6.49 a 0.91 130 —-O11 1.3 
Captain key B12’ Summer (0-2) 7.43 715 36.6 0.05 13.07 — 3.17 3.34 ~ 1.18 0.39 —0.23 — 
mudbank 
(2-4) 7.44 711 36.3 0.14 13.05 — 3.84 4.23 - 1.55 0.48 -0.17 — 
(4-6) 7A 704 35.1 0.61 13.23, - 5.65 6.22 - 1.12 1.32 0.14 —- 
(6-8) 7A 700 34.4 0.63 13.28 — 6.43 7.12 - - 1.81 0.26 — 
(10-12) 6.88 698 34.2 0.93 13.31 - 7.67 7.87 ~ 0.86 1.91 0.33 — 
(14-16) 6.93 679 32.5 1.27 13.16 — 8.75 7.87 - 0.86 1.91 0.53 — 
(18-20) 6.83 641 29.6 1.88 12.92 —- 10.87 11.56 - 1.16 3.56 100 —- 
Crab key B9 Winter (0-2) 7.33 516 25.4 0.50 10.00 — 4.98 5.52 - 1.27 1.30 0.09 —- 
mudbank 
(2-4) 7:25 518 25.4 0.75 10.09 — 5.35 6.01 _ 1.16 1.41 0.16 — 
(4-6) 7.31 519 25.5 0.78 10.04 — 5.59 6.31 ~ 1.39 1.39 0.08 — 
(6-8) 7.18 - - 0.90 10.18 — 6.54 7.39 - n.d. n.d. nd. — 
(10-12) 7.23 520 24.2 1.24 10.15 9 = 7.32 8.31 - 1.54 2.68 0.16 — 
(14-16) 7.13 522 23.8 1.46 10.42) — - 9.41 - 1.43 3.18 0.40 - 
(18-20) 7.06 525 24.2 1.54 10.43. — 8.13 9.37 ~ 1.21 2.96 0.35 — 
(22-24) 7.03 529 24.7 1.55 10.54 — 8.14 9.28 - 1.13 2.64 0.38  — 
(24-26) 7.13 530 24.9 1.50 10.56 — 7.79 8.84 - 1.35 2.46 0.39 — 
(oe) (20-32) 7.05 532 25.3 L251 10.88 — 8.04 8.93 - 1.17 2.21 0.66 — 
(32-34) 7.21 518 25.7 0.66 10.38 = — 5.30 6.04 - 1.10 1.10 0.44 - 
(44-56) 7.26 519 26.3 0.20 980 — 3.49 3.64 a 0.70 0.53 -0.17) - 
(56-68) 7.13 554 27.6 0.51 10.79 — 4.11 4.72 - 0.72 1.01 0.16 — 


OOZI-E9IT (LO0Z) #S§ I] yotvasay vag-daag / Jp 1a 421104 “WT 


eLIl 


Table 1 (continued) 


Site Core Season _ Interval pH cl SO4 H)S Ca Sr DIC Alk 5°C- Q SO, Ex oun 
(cm) (mM) (mM) (mM) (mM) (mM) (mM) (meqI7') DIC (%  Arag. red. Ca** (wt%) 
V-PDB) (mM) (mM) 
(78-90) 7.07 614 30.3 0.56 11.80 — 4.60 5.31 _ 0.74 1.41 0.01 — 
(100-112) = 7.18 613 30.8 0.04 11.71 - 4.16 4.74 - 0.84 0.95 —0.06 — 
Crab key B2’ Summer (0-2) 7.58 736 37.7 0.13 13.66 — 3.35 3.68 —3.71 1.84 0.36 —0.03 2.8 
mudbank 
(2-4) 7.51 738 37.6 0.14 13.57 — 3.70 3.78 —3.03 1.61 0.60 -—0.16 2.8 
(4-6) 7.49 729 37.2 0.14 13.51 - 3.41 3.85 ~ 1.58 0.49 —0.04 1.7 
(6-8) 7.34 731 37.1 0.14 13.47 — 3.64 4.06 - 1.20 0.72) -0.12 1.7 
(10-12) 7.27 720 36.0 0.12 13.50  — 4.81 5.17 —3.29 1.33 1.20 0.11 2.5 
(14-16) 6.97 707 35.3 0.31 13.50  — 5.85 6.33 —3.09 0.85 1.25 0.35 2.4 
(18-20) 6.98 691 34.5 0.40 13.44 — 5.96 6.67 —2.78 0.93 1.26 0.58 2.3 
Group 2 
Crab key fringe Bl Winter (0-2) 7.56 520 26.5 0.00 10.19 0.092 3.46 3.76 —2.28 1.45 0.36 0.20 — 
(2-4) 7.49 509 26.4 0.01 10.07 0.093 3.47 3.90 —1.56 1.29 —0.04 0.29 —- 
(4-6) 7.38 519 27.1 0.01 10.26 0.094 3.31 3.71 —1.24 0.97 —0.25 0.29 — 
(6-8) 7.32 520 27.4 0.00 10.35 0.095 3.89 4.29 —1.01 0.99 —0.52 0.36 = — 
(8-10) 7.22 527 27.6 0.00 11.04 0.096 5.06 5.26 —0.48 1.03 —0.31 0.92 — 
(10-12) 7.08 534 27.8 0.02 11.88 0.100 6.67 6.89 —0.64 1.06 —0.18 162 — 
(12-14) 7.10 538 27.8 0.05 12.08 0.102 7.27 7.56 0.08 1.23 0.07 1.74 — 
(14-18) 7.08 541 27.9 0.06 12.34 0.103 7.54 7.76 —0.17 1.23 0.12 1.94 —- 
(18-22) 6.98 546 27.9 0.27 12.53 0.104 8.87 9.03 = 1.15 0.27 2.06 — 
(22-26) 6.94 549 28.2 0.31 12.73 0.106 9.49 9.53 —0.59 1.13 0.19 2.19 — 
Cl (30-40) 6.93 599 30.8 0.60 13.46 — 13.10 12.96 —0.30 1.52 0.19 195 —- 
(40-50) 6.79 598 27.7 - 13.15 - 12.37 12.21 —0.61 1.02 3.20 166 — 
(50-60) 6.79 599 28.0 0.55 13.42 — 11.63 11.64 -1.31 0.99 3.00 1.93 - 
Crab key fringe B2 Winter (0-2) EST 521 26.6 0.01 10.28 - - 3.60 —2.88 1.43 0.33 0.27 2.1 
(2-4) 7.49 528 26.9 0.01 10.220 — 3.18 3.46 ~ 1.14 0.41 0.07 1.9 
(6-8) 7.36 535 27.0 0.10 10.54 — 3.73 3.88 —2.95 0.99 0.69 0.26 1.9 
(12-14) 7.27 552 27.8 0.22 10.80 — - 4.72 —3.64 0.99 0.78 0.21 1.4 
(18-20) 7.36 578 28.8 0.34 11.12 - - 5.10 —3.29 1.32 1.11 0.02 2.1 
Crab key lake B3 Winter (0-2) 7.48 523 26.7 0.10 10.28 - 3.55 3.79 - 1.23 0.35 0.24 4.2 
(2-4) 7.48 520 26.6 0.11 10.26 — 3.55 4.05 ~ 1.32 0.24 0.28 3.0 
(4-6) 7.45 526 27.0 0.05 10.30 — 3.63 3.92 ~ 1.20 0.23 0.20 1.1 
(6-8) 7.41 524 26.6 0.14 10.49 — 3.95 4.12 - 1.18 0.44 0.44 1.2 
(8-10) 7.32 525 26.8 0.16 10.60 — 3.95 4.31 - 1.02 0.35 0.52 - 
(10-12) 7.43 - - 0.06 10.64 — 4.13 4.64 - - n.d. n.d. 1.5 
(12-14) 7.29 528 26.8 0.08 10.72) — 4.39 4.80 - 1.07 0.49 0.58 — 
(14-16) 7.23 542 27.8 0.07 10.83 - 4.71 5.22 - 1.02 0.21 0.42 1.6 
(16-18) 7.21 532 27.4 0.21 11.05 - 5.28 5.61 - 1.07 0.09 0.84 — 
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C3 


Crab key lake BI’ 


Tavernier key B5 
offbank 
Tavernier key BY’ 
offbank 
Tavernier key B7’ 
offbank 


Captain key lake B7 


Summer 


Winter 


CS 


Summer 


Summer 


Winter 


(18-20) 
(15-22) 
(22-28) 
(28-35) 


(0-2) 
(2-4) 
(4-6) 
(8-10) 
(14-16) 
(22-24) 


(0-2) 


(2-4) 
(4-6) 
(6-8) 
(8-10) 
(10-12) 
(9-18) 
(18-27) 
(27-36) 
(36-45) 
(45-57) 


(0-2) 


(2-4) 

(4-6) 

(6-8) 
(10-12) 
(14-16) 
(16-18) 


(0-2) 


(2-4) 

(4-6) 

(6-8) 
(10-12) 
(12-14) 


(0-2) 
(2-4) 
(4-6) 
(6-8) 
(10-12) 
(12-14) 
(18-20) 


7.21 
7.31 
7.14 
7.14 


7.23 
7.18 
7.26 
133 
7.23 
7.02 


7.43 


Wid. 
7.29 
7.19 
7.18 
7.14 
7.16 
7.14 
7.10 
7.07 
6.93 


7.46 


7.35 
7.26 
7.17 
7.11 
6.93 
6.98 


7.33 


7.21 
7.20 
7.13 
6.96 
7.13 


7.60 
7.60 
7.51 
7.50 
Pilih 
7.21 
7.04 


536 
529 
540 
545 


714 
698 
705 
704 
694 
660 


589 


589 
589 
586 
582 
585 
587 
587 
580 
579 
585 


591 


594 
593 
594 
592 
590 
589 


582 


588 
590 
590 
591 
593 


484 
481 
485 
484 
497 
507 
517 


5.83 
5233; 
5.48 
6.96 


5.36 
5.06 
4.35 
4.14 
4.55 
7.56 


4.40 


5.02 
5.00 
5.80 
5.84 
5.80 
7.22 
8.65 
9.15 
10.05 
10.52 


4.12 


4.38 
4.90 
4.76 
4.63 
5.80 
6.16 


4.20 


4.29 
4.94 
5.31 
6.43 
5.99 


3.70 
3.42 
3.71 
4.03 
5:59 
6.10 
7.38 


1.12 
1.25 
0.92 
1.18 


1.27 
1.07 
1.11 
1.24 
1.11 
1.14 


1.36 


1.24 
1.15 
1.07 
1.09 
0.98 
1.35 
1.61 
1.57 
1.65 
1.25 


1.60 


1.35 
1.25 
0.00 
0.84 
0.71 
0.85 


1.21 


0.94 
1.06 
1.00 
0.86 
1.17 


1.47 
1.38 
1.23 
1.33 
1.15 
1.11 
0.96 


0.35 
—0.03 
0.40 
0.21 


0.24 
0.87 
0.70 
0.56 
0.68 
2.50 


0.38 


0.33 
—0.11 
—0.39 
—0.18 

0.00 

0.23 

1.23 

1.58 

1.67 

1.43 


0.81 
0.70 
1.13 
1.14 


0.12 
0.11 
0.27 
0.31 
0.60 
0.61 


0.38 


0.62 
0.56 
0.68 
1.02 
0.93 
1.61 
2.09 
2.33 
2.63 
2.50 


0.70 


0.76 
0.85 


0.88 
1.10 
1.11 


0.56 


0.45 
0.51 
0.72 
1.23 
1.20 


0.08 
0.27 
0.23 
0.34 
0.64 
0.59 
0.98 
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Table 1 (continued) 


Site Core Season __ Interval pH cl SO, H)S Ca Sr DIC Alk 53C- Q SO, Ex cnn 
(cm) (mM) (mM) (mM) (mM) (mM) (mM) (meq!7') DIC (%  Arag. — red. Ca** (wt%) 
V-PDB) (mM) (mM) 
(24-26) 7.00 534 27.2 0.17 11.23 - 7.72 8.09 —2.91 0.98 0.44 0.98 — 
C7 (22-32) 7.10 533 27.1 0.25 11.35 - 6.98 7.41 —2.81 1.14 0.40 112 - 
(32-42) 711 504 25.3 0.09 10.53 - 5.93 6.22 - 0.92 0.79 0.82 — 
Shell key fringe B13 Winter (0-2) 7.49 579 29.7 0.03 11.06 0.097 3.31 3.51 —0.19 1.20 0.23 0.17 1.6 
(2-4) 7.30 579 29.7 0.02 11.27 0.101 3.74 4.20 —0.75 0.96 0.25 0.39 = 1.5 
(4-6) 7.00 577 29.4 0.06 11.22 0.100 4.18 4.28 —0.66 0.50 0.40 0.37 1.3 
(6-8) 7A7 573 28.8 0.15 11.84 0.102 5.29 5.42 —0.53 0.98 0.79 1.07 1.1 
(10-12) 6.98 581 29.0 0.17 12.37 0.108 6.37 6.54 0.34 0.80 1.06 1.45 1.4 
(14-16) 7.00 577 28.5 0.23 12.75 0.106 7.62 7.63 —0.01 1.01 1.39 1.89 — 
(18-20) 6.91 589 29.1 0.13 12.90 0.109 8.20 8.20 —0.60 0.89 1.37 1.83 1.5 
C13 (12-24) 6.88 586 29.3 0.29 13.19 0.106 9.04 8.39 1.03 0.87 1.05 217 1.1 
(24-36) 6.83 592 29.3 0.27 13.37 0.109 10.00 9.82 0.73 0.92 1.36 2.24 0.8 
(36-48) 6.89 593 29.5 0.14 13.34 0.105 9.18 9.11 1.20 0.97 1.15 2.19 1.3 
(60-72) 6.93 583 29.8 0.16 12.74 0.101 7.81 7.58 0.04 0.85 0.61 1.67 1.5 
(84-96) 6.83 596 30.1 0.34 13.09 0.107 8.77 8.56 —0.08 0.78 0.74 1.88 — 
Shell key fringe B3’ Summer (0-2) 7.36 642 32.8 0.14 12.10 0.107 3.00 3.36 - 1.03 0.42 O15 - 
(2-4) 7.36 639 32.8 0.08 12.10 0.105 2.89 3.24 = 0.99 0.25 0.21 - 
(4-6) 7.45 638 32.6 0.07 12.16 0.105 2.87 3.23 - 1.21 0.36 0.299 — 
(6-8) 7.41 641 32.9 0.07 12.18 0.104 3.25 3.73 - 1.29 0.24 0.26 — 
(10-12) 7.18 638 32.4 - 12.57 0.105 4.46 4.93 - 1.06 0.63 0.71 = 
(14-16) 7.06 637 32.4 0.06 12.83 0.111 5.73 5.58 = 0.94 0.59 0.98 — 
(20-22) 6.91 627 31.1 0.40 13.02 0.109 7.74 7.81 = 0.96 1.29 1.36 — 
Caption key B15 Winter (0-2) 7.50 496 25.6 0.11 9.59 - 3.23 3.37 —3.60 1.09 0.08 -—0.04 — 
fringe 
(2-4) 7.62 499 25.7 0.00 9.64 - 3.07 3.28 —2.89 1.38 0.10 -0.04 — 
(4-6) i Pay? 493 25.1 0.008 9.51 - 3.06 3.35 0.22 1.12 0.32 -0.05 — 
(6-8) 7.52 500 25.7 0.007 9.68 - 3.43 3.62 —3.24 1.23 0.17  -0.002 — 
(10-12) 7.44 502 26.0 0.17 9.96 - 3.93 4.05 —3.06 1.19 —0.07 0.220 - 
(14-16) 7.33 518 27.1 0.28 10.40 - 4.58 4.84 —3.44 1.15 —0.32 0.35 - 
(18-20) V:25 520 27.3 0.26 10.64 - 4.51 4.95 —3.02 1.00 —0.45 0.56 — 
(22-24) 7.19 = = 0.35 10.85 - 4.93 5.23 3.49 
C15 (20-32) 7.27 507 26.1 0.19 10.25 - 4.85 5.08 —2.53 1.05 0.12 0.42 = - 
(32-44) 7.25 512 26.2 0.19 10.34 - 4.60 4.79 —2.75 0.95 0.33 0.40 — 
(44-56) 7.18 541 28.2 0.19 11.25 - 5.28 5.37 —2.17 0.97 —0.19 0.74 - 
(56-68) 7.13 574 28.4 0.28 12.17 - 6.01 10.14 = 1.73 1.24 1.04 — 
(68-80) 7.14 599 30.8 0.10 12.32 - 5.64 6.16 —2.49 1.06 0.17 0.71 = 
(80-90) 7.16 614 31.6 0.19 12.57 = 5.39 5.31 —1.82 0.96 0.14 0.66 — 
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Captain key BI’ 
fringe 


Group 3 
Tavernier key B4 
bank 


Tavernier key B10 
bank 


C10 


Tavernier key B4’ 
bank 


Rodriguez key B14 
bank 


Summer 


Winter 


Winter 


Summer 


Winter 


(0-2) 


(2-4) 

(4-6) 

(6-8) 
(10-12) 
(14-16) 
(20-22) 


(0-2) 


(2-4) 
(6-8) 
(12-14) 
(18-20) 
(24-26) 


(0-2) 


(2-4) 

(4-6) 

(6-8) 
(10-12) 
(14-16) 
(18-20) 
(20-22) 
(17-29) 
(29-41) 
(41-53) 
(65-77) 
(89-101) 


(0-2) 


(2-4) 

(4-6) 

(6-8) 
(10-12) 
(14-16) 
(20-22) 


(0-2) 


(2-4) 
(6-8) 
(10-12) 
(14-16) 


7.54 


7.52 
7.42 
7.36 
7.24 
7.11 
7.03 


7.39 


7.38 
7.35 
7.28 
7.27 
7.30 


7.49 


7.48 
7.44 
7.47 
13T 
7.43 
7.45 
7.47 
7.28 
7.34 
7.50 
7.33 
7.28 


7.42 


7.30 
7.22 
7.07 
7.01 
7.08 
7.10 


7.41 


7.43 
7.42 
7.41 
7.31 


714 


711 
713 
714 
705 
694 
687 


592 


58 
587 
587 
590 
589 


595 


592 
592 
593 
591 
593 
593 
591 
587 
586 
581 
585 
587 


593 


597 
597 
588 
592 
590 
594 


591 


590 
593 
601 
596 


36.6 0.11 13.335 = 259 3.17 
36.3 0.01 13.26. = 2.58 3.07 
36.4 0.15 13.38  — 2.83 3:2] 
36.6 0.08 13.38 — 3.07 3.54 
36.1 0.10 13.48 — 3.45 3.88 
35:3 0.17 13.60 — 4.20 4.83 
34.9 0.13 13.53. = 4.49 4.86 
30.2 0.17 11.21 = 3.38 3.67 
39.9 0.19 11.16 — 3.29 3.38 
29.8 0.13 11.14 - = 3.96 
30.2 0.30 11.13. - = 4.17 
29.4 0.28 11.18 —- 4.12 4.66 
29.1 0.31 11.11 = 4.33 4.91 
30.5 0.00 11.19 — 3.34 3.51 
30.5 0.00 11.19 — 3.51 3.38 
30.5 0.04 11:23). = 5.95 3.42 
30.5 0.00 11.26 - 3.25 3.48 
30.3 0.10 11.20. - 3.18 3.42 
30.5 0.06 115. = 3.00 3.13 
30.6 0.06 - - 2.32 3.02 
30.4 0.09 11.07) — 2.76 3.04 
29.2 0.42 11.23 = 4.66 5.42 
29.7 0.37 11.10 —- 4.31 4.67 
30.1 0.14 11.19 3.90 4.32 
29.7 0.14 11.22. - 3.93 4.14 
30.3 0.11 11.38 - 3.25 4.03 
30.7 0.25 11.58 0.100 3.40 3.86 
30.6 0.36 11.41 0.099 4.64 4.85 
29.4 0.45 11.71 0.103 5.24 6.05 
30.8 0.39 11.74 0.102 5.59 6.34 
29.8 0.28 11.99 0.103 5.43 6.22 
30.2 0.47 12.22 0.102 5.81 6.41 
30.4 0.07 11.16 — 3.27 3.25 
30.4 0.09 11.14 - 3.07 3.46 
30.5 0.09 11.26 —- 3.08 3.30 
30.9 0.08 11:25°. = 3.39 3.21 
30.3 0.13 11.270 = 3.37 3.71 
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Table 1 (continued) 


Site Core Season _ Interval pH cl SO, H)S Ca Sr DIC Alk 53C- Q SO, Ex conn 
(cm) (mM) (mM) (mM) (mM) (mM) (mM) (meqI7') DIC (%  Arag. — red. Ca** (wt%) 
V-PDB) (mM) (mM) 
(18-20) 7.34 595 30.3 0.08 11.25 - 3.86 3.61 - 0.88 0.51 0.06 1.8 
(24-26) 7.28 593 30.0 0.19 11.34 - 3.93 4.35 - 0.94 0.71 0.18 1.6 
C14 (17-29) 7.30 595 30.3 0.16 11.39 - - 4.21 - 0.96 0.44 0.21 1.9 
(29-41) 7:32 591 30.1 0.10 11.32 - 3.82 3.95 - 0.94 0.47 0.20 1.2 
(41-53) 7.47 5858 29.8 0.13 11.01 - 3.42 3.47 - 1.10 0.41 0.04 1.0 
(53-65) 7.40 587 29.9 0.06 11.10 —- 3.21 3.62 = 1.01 0.42 0.06 0.7 
(65-77) TAT 588 - - 11.24 - 3.24 3.30 ~ 1.09 n.d. 0.18 0.7 
Rodriguez key B13’ Summer (0-2) 7.41 600 30.7 0.09 11.59 — 3.54 4.23 - 1.45 0.31 0.44 — 
bank 
(2-4) 7.34 600 30.7 0.16 11.36 — 3755 4.06 - 1.17 0.37 0.20 — 
(4-6) 7.22 599 30.9 0.23 11.50 —- 4.21 4.90 - 1.09 0.10 0.35  — 
(6-8) 7.20 604 31.0 0.40 11.96 —- 5.49 6.24 - 1.38 0.19 0.73 - 
(10-12) 6.99 599 30.2 0.68 11.96 — 6.59 7.71 - 1.07 0.76 0.81  — 
(14-16) 7.00 601 30.1 0.81 11.97 — 6.82 6.70 - 0.95 1.00 0.79 — 
(18-20) - 600 29.9 0.88 11.95 - 6.45 7.16 - - 1.13 0.79 — 
Hawk Channel Bs’ Summer (0-2) 7.62 580 29.9 - 10.85 0.096 2.77 3.13 —0.79 1.61 0.13 0.06 0.3 
1-Rod 
(2-4) 7.62 581 30.2 - 11.01 0.096 2.76 3.14 —0.82 1.65 —0.19 0.20 0.6 
(4-6) 7.60 583 30.3 - 10.98 0.098 2.89 3.32 —0.86 1.65 —0.15 0.13 0.6 
(6-8) 7.55 582 30.6 - 10.99 0.098 2.22 3.62 —1.01 1.63 —0.47 0.16 — 
(10-12) 7.58 581 30.7 - 10.94 0.097 2.94 3.52 —0.79 1.67 —0.63 0.13 0.7 
(14-16) 7.56 582 30.5 - 11.02 0.099 2.78 3.30 —0.70 1.52 —0.44 0.20 0.8 
(16-18) 7.57 584 30.7 0.02 10.91 0.101 2.75 3.36 —0.90 1.56 —0.54 0.05 0.6 
Hawk Channel BS’ Summer (0-2) 7.65 583 30.3 - 11.11 0.098 2.28 2.79 - 1.56 —0.15 0.28 0.9 
1-Rod 
(2-4) 7.65 582 30.4 - 11.06 0.096 2.34 2.68 ~ 1.49 —0.25 0.23 0.8 
(4-6) 7.52 582 30.2 - 11.11 0.100 2.54 2.80 - 1.18 —0.09 0.28 0.9 
(6-8) 7.57 582 30.5 - 11.02 0.102 2.50 2.92 - 1.37 —0.39 0.20 0.9 
(10-12) 7.57 580 30.5 ~ 11.07 0.097 2.67 3.09 - 1.46 —0.50 0.28 «1.0 
(14-16) 7.44 582 30.4 - 11.06 0.099 2.63 2.94 a 1.04 —0.28 0.24 1.2 
(20-22) 1:52. 580 30.3 ~ 11.01 0.097 2.33 2.73 - 1.16 —0.31 0.22 1.2 
Hawk Channel B10’ Summer (0-2) 7.61 573 29.6 - 11.01 - 2.53 2.99 —1.54 1.54 0.20 0.36 = — 
2-Rod 
(2-4) 7.58 578 30.0 - 11.04 —- 2.59 2.90 —0.37 1.40 —0.12 0.27 - 
(4-6) 7.58 578 30.2 - 11.02 —- 2.63 2.95 —0.54 1.42 —0.31 0.27 - 
(6-8) 7.57 578 30.1 - 10.95 - 3.05 2.84 —0.92 1.33 —0.16 0.20 — 
(10-12) 7.51 577 30.1 - 10.71 - 2.38 2.75 —0.28 1.11 —0.26 -0.03 — 
(14-16) 7.61 574 29.9 - 10.68 - 2.44 2.71 —0.47 1.35 —0.18 0.00 — 
(20-22) 7.62 575 29.8 - 10.79 = 2.35 2.60 —0.28 1.34 —0.03 0.09 — 
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Table 2 


Seawater carbonate system, elemental and isotopic data 


Date ID Site pH TIC) 83C-DIC (%o DIC Alk Q cl Ca titrat. Ca/Cl Ca ICP Sr 
V-PDB) (mmolkg~') (meq kg~') Arag.* (mmolkg~') (mmolkg~') (mMM~') (mM) (mM) 
Florida Bay 
January 1989 SW7 — Crab key lake 8.39 18 —0.87 2.25 2.84 4.9 476 9.21 19.35 - - 
January 1989 SW6A_ Crab key 8.34 25 —0.65 2.24 2.83 4.9 516 9.92 19.23 - - 
January 1989 FB1 Islamorada 8.24 25 —0.55 - 2.69 4.5 540 10.49 19.44 - - 
January 1989 SWI Little Crab key 8.44 26 —0.13 2.11 2.74 6.3 509 9.75 19.17 - - 
January 1989 SW3 — Off Crab key 8.31 27 —1.01 2.21 2.74 5.2 499 9.75 19.56 - - 
July 1989 12 Captain key lake 8.35 30 —1.10 1.61 2.22 4.6 694 12.62 18.18 13.2 0.114 
July 1989 11 Captain key 8.38 31 —1.72 1.61 2.19 4.8 684 12.64 18.48 13.2 0.114 
mudbank 
July 1989 12 Captain key lake 8.35 30 —1.10 1.61 2.22 4.6 694 12.62 18.18 13.2 0.114 
July 1989 11 Captain key 8.38 31 —1.72 1.61 2.19 4.8 684 12.64 18.48 13.2 0.114 
mudbank 
July 1989 1 Captain key lake 8.40 30 0.60 1.62 2.26 5.1 703 12.84 18.27 13.3 0.116 
Reef tract 
January 1989 RTI Hawk Channel 8.23 25 1.17 - 2.51 4.0 566 10.71 18.93 - - 
January 1989 SW14 _ Rodriguez key 8.18 25 —0.55 2.17 2.34 3.4 573 10.81 18.86 - - 
January 1989 SWB _ _ Shell key 8.44 27 1.41 2.04 2.57 6.1 566 10.87 19.20 - - 
January 1989 STAS Tavernier key 8.30 25 0.72 - 2.41 4.4 579 10.86 18.75 - - 
(front) 
January 1989 STA1 Tavernier key 8.02 23 1.19 - 2.54 2.6 587 10.89 18.56 - - 
(rear) 
January 1989 SW4 — Tavernier key 8.13 24 0.08 1.00 2.44 3.2 573 10.64 18.58 - - 
bank 
January 1989 STA2 Tavernier key 8.22 25 0.79 - 2.26 3.5 579 10.86 18.75 - - 
bank 
January 1989 SWI10 Tavernier key 8.06 23 0.23 2.10 2.46 2.7 577 10.84 18.79 - - 
July 1989 F Shell key 8.29 30 —0.74 1.79 2.25 4.4 649 12.05 18.57 12.4 0.108 
July 1989 4 Tavernier key 8.20 31 0.56 1.76 2.26 3.2 580 11.14 19.21 10.8 0.094 
July 1989 J Tavernier key 8.24 31 —0.64 1.99 2.39 4.3 562 10.51 18.70 11.0 0.093 
July 1989 K Tavernier key 8.31 31 0.24 2.00 2.38 4.8 565 10.62 18.80 11.2 0.095 
July 1989 L Tavernier key 8.25 31 —0.50 1.89 2.28 4.2 574 10.76 18.75 11.3 0.097 
July 1989 I Hawk Channel 8.21 30 0.64 1.99 2.40 4.1 561 10.61 18.91 10.9 0.094 
July 1989 D Shell key 8.08 30 —2.25 1.97 2.33 3.1 614 11.24 18.31 11.7 0.102 
July 1989 E Shell key 8.24 30 —1.97 1.71 2.22 3.9 647 11.77 18.19 - - 
July 1989 5 Tavernier 8.18 31 0.03 1.92 2.40 3.90 579 10.83 18.70 11.0 0.094 
offbank 


“Calculated using DIC if available or titration alkalinity (Millero, 1995). 
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island fringe and lakes in Florida Bay, offbank 
deposits from Tavernier key in the reef tract). 

Group 3 environments have pore waters with 
small degrees of sulfate reduction and less extreme 
values of carbonate dissolution (see Figs. 2A and B). 
In Fig. 2C, Group 3 pore waters exhibit proportions 
of carbonate DIC relative to total DIC of 
between 10% and 35%. Group 3 pore waters are 
characteristic of intensively burrowed and sandy 
sediments Atlantic reef tract environments, includ- 
ing the bank sediments of Tavernier and Rodriquez 
keys as well as the three sites sampled in Hawk 
Channel directly seaward of these two keys. 
Although less chemically evolved than Group 2 
pore waters, Group 3 pore waters also exhibit 
significant departures from the closed system SO” 
reduction relationship with DIC, indicating the 
importance of sulfide oxidation. Consistent with 
this behavior, the majority of Group 3 pore 
waters have significant amounts of excess Ca** 
(see Table 1 data) making net dissolution a common 
feature across nearly all Florida Platform environ- 
ments as was noted by Walter and Burton (1990) 
and Ku et al. (1999). 

The organic carbon contents for sediments (see 
Table 1) range from a high near 4wt% C to as low 
as 0.3wt% C. Organic carbon contents tend to 
decrease with sediment depth, especially for the 
deeper sediment layers sampled by the tube cores 
where organic matter contents can be reduced by 
more than a factor of two relative to the shallow 
boxcore samples. The amounts of organic matter 
present in the sediments are not especially reflective 
of the geochemical groups discussed above for pore 
water evolution. However, there are notable differ- 
ences in organic C contents at the environmental 
extremes of Group | (Florida Bay mudbanks (with 
average organic C content in upper 25cm of about 
2.5 wt%)) vs. coarser grained sites within Group 3 
(average organic C content in upper 25cm is about 
0.8%). 

Overlying seawater data in Table 2 have been 
grouped by general location (e.g. Florida Bay vs. 
Atlantic reef tract) and then by site and season. The 
8° Cwic) values for overlying seawater are about 
1%o-VPBD greater for Atlantic reef tract samples 
and Florida Bay samples for a given season, and are 
about 1%o-VPDB greater for winter samples relative 
to summer samples for both the reef tract and 
Florida Bay. There was no significant change in 
salinity from reef tract samples from Hawk Channel 
and only slight changes over Tavernier and Rodri- 


quez key banks. There was, however, an unusually 
large and rapid increase in the salinity of waters in 
Florida Bay sites and at the Shell key site 
(influenced by both reef tract and bay waters due 
to its location near a main tidal channel; see Fig. 1). 
The average Florida Bay Cl” value in January was 
about 500mM and increased to nearly 700mM by 
July, a 140% increase over only a 6-month time 
period. 

The observed variations in overlying seawater 
salinity, DIC, and ie Cwic) are within the range of 
the much larger data set on bank water geochem- 
istries that has been presented elsewhere (Patterson 
and Walter, 1994a). The magnitude of the variation 
in the 8° Cwic) values across the Florida Platform 
is significant, similar to the entire range observed for 
the global oceans from surface waters to deepest 
basins (e.g. Kroopnick, 1985). Overall, the large 
chemical variations in shallow-bank water reser- 
voirs are consistent with the rapid rates of biological 
cycling, carbonate withdrawal, evaporation and 
dilution phenomena (see detailed discussion in 
Patterson and Walter, 1994a). Such variations likely 
were important within the widespread epicontinen- 
tal seas of the Paleozoic and Mesozoic Eras which 
could cause C isotope values of shelf carbonates to 
differ from the global ocean carbon isotope 
reservoir (e.g. Holmden et al., 1998). 

The large increases of Florida Bay seawater 
salinities in the summer of 1989 coincided with a 
severe drought period in South Florida. Notably, 
the pore water Cl” values for Florida Bay sites 
closely track the rapid shift in salinity, consistent 
with the very active pore water exchange rates from 
bioturbation and physical disturbance of these 
deposits as originally described by Walter and 
Burton (1990). General patterns of pore water 
geochemistry with sediment depth are shown for 
typical examples of each of the three groups in 
Fig. 3 for SOZ /Cl” (3A), Ca?*/CI” (3B), DIC 
(3C), and 8° Cie) (3D). Reference lines for over- 
lying seawater compositions are provided for each 
parameter so that pore water chemical evolution 
can be compared. Data for boxcores and from tube 
cores of each site have been combined. As 
established in Fig. 2, the three groups differ from 
one another primarily with respect to degree of 
sulfate reduction, amount of carbonate dissolution 
and DIC concentration. However, it is clear that 
8° CIE values also differ systematically among 
the three groups. The difference in 5° Cw) values 
between Groups 1 and 2 examples is striking, 


all the more so given that the two profiles exhibit 
in Fig. 3C are close in DIC concentration 


shown 


values. 


(A) 
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4.2. Sediment properties 


Sediment carbonate mineralogy, 5'°C values for 
bulk carbonates, and 7!°Pbexcess Values in bulk 
sediments are presented in Table 3 for the main 
types of depositional environments (e.g. Florida 
Bay island fringe, mudbank and lake sites; Atlantic 
reef tract Tavernier Key bank and off bank sites). 
The mineralogy of the carbonate fraction is 
dominated by aragonite (50-60%) and high-Mg 
calcite (30-40%), with subordinate amounts of 
low-Mg calcite (1—15%), values entirely consistent 
with the more detailed mineralogic data set as a 
function of grain size reported by Walter and 
Burton (1990). 

51°C values of bulk carbonates are shown in 
Fig. 4A comparing the Florida Bay and reef tract 
sites. Although there is variability between sites and 
with depth, 8'°C values for carbonates from reef 
tract sites are about 1%o greater than those from 
Florida Bay. This difference is compatible with the 
difference noted in the 8’? Cwwicy values for Florida 
Bay vs. the reef tract (see Table 2) and is not 
unexpected. 5'°C values of Florida Bay mollusks, 
reported by Lloyd (1964) in a pioneering study, 
have a similar pattern, trending towards smaller 


« 
Fig. 2. Pore water geochemical relations for three indicative 
parameters of geochemical evolution (amount of SOq reduced, 
DIC*, Di Cexcosss aNd Ca2,i ose) for the complete data set of South 
Florida pore waters. Pore water data are divided into three broad 
Groups (1-3) based on values of these geochemical parameters: 
(A) degree of SO} reduction (mM) vs. DIC* (mM; DIC 
corrected for amount of net carbonate dissolution) showing 
closed system sulfate reduction relations. Group | includes sites 
whose chemistries fall near the closed system SO% reduction 
stoichiometry; Group 2 includes sites whose chemistries indicate 
significant excess in DIC* relative to the observed degree of SOZ- 
reduction; Group 3 includes less chemically evolved pore waters, 
generally from coarser sediments of the Atlantic reef tract. (B) 
Degree of SOZ reduction vs. the amount of excess Ca** in pore 
waters for each of the three groups defined in (A). Group | has 
very low excess to moderately depleted Ca** concentrations; 
Group 2 has large excesses in Ca?~ in waters at low degrees of 
sulfate reduction; Group 3 is relatively unevolved in degree of 
SO7” reduction and amount of carbonate dissolution (low excess 
Ca** concentrations). (C) DIC excess (mM) vs. the amount of 
excess Ca”~ in pore waters for each of the three groups defined in 
(A). DIC inputs to pore waters from varying ratios of carbonate 
C vs. organic C are shown. For a completely efficient SOZ-—H.S 
redox cycle (e.g. all sulfide produced during sulfate reduction 
reoxidized), the input ratio of carbonate C to organic C is 1:1. 
Group 2 pore waters have the highest Cearbonate’Corganic Value of 
about 1:2. Group | pore waters typically have values less than 
1:10, and Group 3 values tend to fall in between these 
endmembers. 
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8'°C values with progressive restriction of bank 
water exchange with the open ocean. 

5'3C values of fresh organic matter samples from 
Florida Bay and the reef tract exhibit considerable 
variation (see Table 4). The marine angiosperm, 
Thalassia, is one of the main primary producers for 
these platforms and undergoes rapid decomposition 
in sediments (Fenchel, 1970; Kenworthy and 
Thayer, 1984). Recent inventories of the Thalassia 
production rates and stable isotope values in 
South Florida environments (Anderson and Four- 
qurean, 2003; Fourqurean et al., 2005) exhibit 
the same range of stable carbon isotope values as 
our much smaller sample set and suggest a mean 
51°C value for Thalassia near —9%. VPDB. Pre- 
ferential removal of '*C during planktonic organic 
matter decomposition has been noted (Spiker and 
Hatcher, 1984) but Thalassia exhibits no significant 
carbon isotope fractionation during decomposition 
(Zieman et al., 1984; Fourqurean and Schrlau, 
2003). 

The total organic matter supplied to Florida 
Platform sediments likely has a lower 8'°C value 
than the average for Thalassia grass due to 
contributions from marine algae and mangrove 
litter. Organic matter extracted from mudbank 
sediments of central Florida Bay has 5'°C values 
ranging from —11%o to —15%0 VPDB (Mitterer 
et al., 1988; Burns and Swart, 1992). These values 
are very similar to the 5'°C values of organic matter 
within the upper 50cm of Little Bahama Bank 
sediments (Rasmussen et al., 1990). 


4.3. Sediment mixing and rates of sulfate reduction 


The 7!°Pbexcess depth profiles in Florida Bay (lake 
and island fringe) and reef tract (Tavernier Bank 
and offbank) sediments are presented in Fig. 4B. All 
of the four study sites in Fig. 4B are extensively 
burrowed. The average sedimentation rate for the 
South Florida platform is about I1mkyr7! (e.g. 
Milliman, 1974; Bosence et al., 1985). Thus, if 
sedimentation and *'°Pb decay rate (22-year half- 
life; Robins, 1978) were the only controls on 
71°Pb. cess distribution, background levels should 
be reached by about 2cm depth, not by the 
observed depth of 30cm. The initial values in the 
upper few cm of sediment are compatible with the 
?!°Pb fallout rates determined for the South Florida 
area (Robbins et al., 2000). The importance of 
burrowing and physical disturbance on tropical 
carbonate platforms is well established, with much 


of the evidence provided by 71°Pb cess data. The 
*!Pb curve shapes and absolute values with depth 
shown here are similar to those reported for 
burrowed sediments from Florida and Caicos plat- 
forms (Tedesco and Aller, 1997), Little Bahama 
Bank (Henderson et al., 1999), and Enewetak Atoll 
in the Pacific (McMurtry et al., 1986; Suchanek 
et al., 1986). 

The 7!°Pbexcess data from the highly sulfidic 
sediments from Bob Allen keys mudbank in Florida 
Bay (Rude and Aller, 1991; Robbins et al., 2000; 
Lyons et al., 2004) have a very different depth 
pattern from the intensively burrowed sites dis- 
cussed above. The 7!°Pbexcess Values for Bob Allen 
key mudbank sediments are constant over the upper 
20cm at values of about 1.7dpmg™! (Rude and 
Aller, 1991) and about 2.5dpmg™! (Lyons et al., 
2004). Rude and Aller (1991) estimate a short-term 
sedimentation rate of about lemyr', in close 
agreement with the value given by Robbins et al. 
(2000). Such rapid short-term sedimentation rates 
are not surprising given the mudbank growth model 
of episodic migration and deposition during winter 
storms (Wanless and Tagett, 1989). The impact of 
episodic deposition on the sediment and porewater 
chemistry of mudbanks is discussed by Lyons et al. 
(2004) with particular attention to sulfur contents of 
carbonates. 

Microbial SRR were determined using radiola- 
beled *°SO7” methods and are presented in Table 5 
along with data on sediment porosity. A large body 
of data for microbial SRR has accumulated from 
both nearshore terrigenous environments (e.g. 
Westrich and Berner, 1984; Crill and Martens, 
1987; Marvin-DiPasquale et al., 2003) and from 
temperate to tropical carbonate-rich environments 
(e.g. Hines and Lyons, 1982; Alongi, 1995; Lyons 
et al., 2004; Smith, 2004). Generally, SRR are 
grossly proportional to amount of sedimentary 
organic matter and decrease exponentially with 
sediment depth. Where extended seasonal compar- 
isons have been made (Crill and Martens, 1987; 
Marvin-DiPasquale et al., 2003; Smith, 2004), SRR 
increase with temperature such that rates double for 
every 10°C. As discussed earlier, one of the most 
important aspects of carbonate platform sediment 
geochemistry is the juxtaposition of rapid rates of 
sulfate reduction, comparable to organic-rich terri- 
genous sediments, with apparent low degrees of 
sulfate reduction in pore water profiles (see Walter 
and Burton, 1990; Burns and Swart, 1992; Ku et al., 
1999; Furukawa et al., 2000). 
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Fig. 3. General pore water—sediment depth relations for representative examples of the three end member pore water groups (shown in 
Figs. 2A and B) for the geochemical parameters: (A) SOZ/CI, (B) Ca” */Cl-, (C) DIC and (D) 5° CwoIc- Data from boxcores (upper 
30cm) and tube cores (upper 100cm) are plotted together for each example. 


The data in Table 5 show that SRR from organic 
rich mudbank sediments of Crab and Captain key 
are among the most rapid measured 
(3-10mmolcm~*yr~'). These values are about 
50% faster than those determined for Bob Allen 
key mudbank by Lyons et al. (2004), but our 
incubation temperatures were close to 32°C, while 
incubations of Lyons et al. (2004) were at tempera- 
tures close to 25°C. As another comparison, 
modeled rates of SRR were obtained from pore 
water profiles and depth-dependent irrigation rates 
for heavily burrowed carbonate sands from the Dry 
Tortugas in the southern Florida platform (Fur- 
ukawa et al., 2000). Here, rates of SRR were 
estimated at 0.3 mmol cm? yr~', which compare well 
with values from similar environments in Hawk 
Channel sands, which were at the low end of 
measured rates for our samples (see Table 5). Walter 
and Burton (1990) summarized results from SRR 


determined by changes in SOZ” concentrations from 
incubated South Florida platform sediments that 
ranged from 0.7 to 1.3mmolem™~yr~! at 25°C. 
Our SRR data in Table 5 for disturbed or heavily 
burrowed environments, such as reef tract banks 
and Florida Bay island fringe sites range from | to 
3mmolem~yr~'. Considering the temperature 
effect on SRR, the rates presented in Table 5 agree 
well with the range observed in other organic rich 
shelf sediments and can be used to further constrain 
the mass transport rates of solutes and the organic 
matter processing rates in these biogenic carbonate 
sediments. 

An average integrated sulfate reduction rate for 


the upper 25cm of sediments of about 
Immolcm* yr~! would produce an associated or- 
ganic matter consumption rate of 2mmol 


C..en ve by sulfate reduction. The residence 
time for organic matter in the upper 25cm of 


1184 L.M. Walter et al. / Deep-Sea Research II 54 (2007) 1163-1200 


Table 3 
Solid phase data *!°Pb, mineralogy, and carbonate carbon isotope composition 
Site Interval (cm) 7}0Pb excess 5'3C-CaCO; Aragonite HMC LMC 
(dpm g~') (VPDB %vo) (wt%)* (wt%)* (wt%)* 
Island Fringe (B-2, Crab (0-2) 1.16, 1.01 2.25 61 36 4 
key) 
(2-4) 1.09,1.13 - - - - 
(6-8) 1.02,1.24 2.06 61 37 2 
(12-14) 0.6 2.14 59 34 7 
(18-20) 0.51 2.19 61 35 4 
(24-26) 0.14 - 61 36 3 
Bank (B-4, Tavernier (0-2) 1.42,1.28 2.72 55 44 1 
key) 
(2-4) 1.59 3.03 52 46 2 
(6-8) 1.47 2.70 60 37 3 
(12-14) 1.09 2.78 57 40 3 
(18-20) 0.94 2.73 56 38 6 
(24-26) 0.75 2.94 58 40 3 
Offbank (B-5, Tavernier (0-2) 1.88,1.82 2.93 62 35 3 
key) 
(2-4) 1.83 3.66 60 36 5 
(4-6) 1.74 3.02 62 34 4 
(6-8) 1.47 2.85 66 33 2 
(8-10) 1.23 2.80 65 31 4 
(10-12) 1.01 2.94 69 28 3 
(C-5) (9-18) - 3.03 73 23 4 
(18-27) - 3.06 64 31 6 
(36-45) - 3.17 71 26 4 
Lake (B-7, Captain key) (0-2) 1.19,1.19 - - - - 
(2-4) 1.06 - - - - 
(4-6) 0.93 - 56 31 14 
(6-8) 0.83 - 58 33 9 
(10-12) 0.52 - 59 26 15 
(12-14) 0.68 - 58 28 14 
(18-20) 0.12 - 59 38 4 
(24-26) 0.13 - 60 26 14 
Mudbank (B-8, Captain (0-2) - 2.10 56 41 4 
key) 
(2-4) - 1.82 56 35 9 
(4-6) - 1.78 55 29 16 
(6-8) - 1.63 55 39 6 
(10-12) = 1.89 55 35 10 
(14-16) - 2.59 56 33 10 
(18-20) - 1.98 54 32 14 
(22-24) - 2.18 56 30 15 
(26-28) - 1.80 56 28 16 
(C-8) (30-40) - 2.04 56 35 8 
(40-52) - 2.12 59 23 16 
(62-74) - 2.11 62 27 11 
(84-96) - 2.12 59 29 12 


“Based on the carbonate fraction (organic free basis). 


sediment can be estimated from these rates by yield an estimate of a residence time around about 
assuming steady state, an average organic C content 20 yr for organic C in the sediment column. Thus, 
(about 1.8 wt%; see Table 1 values), and an average the rapid physical and biological mixing suggested 


porosity value (about 0.7). These assumed values by the 7!°Pbexcess data is consistent with rates of 
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Fig. 4. Solid-phase geochemical and physical properties with 
sediment depth for the main depositional environment types from 
Florida Bay and the reef tract: (A) carbon isotope composition of 
the bulk carbonate with sediment depth showing the offset of 
about 1%o between Florida Bay (Island Fringe, Crab key; 
Mudbank, Captain key) and reef tract (Tavernier Bank and 
Tavernier offbank) sediments. (B) 719Db cos VS- depth of the bulk 
sediment with sediment depth for Florida Bay sites (Island 
Fringe, Crab key; Lake, Captain key) and reef tract sites 
(Tavernier Bank and offbank). 


sulfate reduction and amounts of organic matter 
within the sediment column. The estimated rates of 
organic matter processing and mass transfer will be 
utilized in estimating the magnitude of the carbon 
isotope exchange between organic matter and 
carbonate minerals in later sections of this paper. 


4.4. Relations between pore water DIC and 
6° Cprc) values 


Fig. 5 is a cross plot of the pore water 8° CoE 
values vs. DIC concentrations presented in Table 1. 
The three geochemical groups are identified by 


Table 4 
C isotopic composition of organic matter sources 


5'3C-organic 
C (VPDB %o) 


Site Sample 


Captain key bank Halodule sp. —9.10 
Penicillus capitatus —12.72 
Thalassia testudinum —8.20 
Thalassia testudinum —9.20 
Thalassia testudinum —9.30 
Black mangrove leaf = —20.05 
Tavermier key bank Thalassia testudinum —8.60 
Thalassia testudinum —9.10 
Thalassia testudinum —10.50 
Echinoderm tissue —14.34 
Penicillus capitatus —12.75 
Halimeda opuntia —15.11 


Samples collected July 1989. 


symbols following the format of previous figures. 
The overall ranges of 5° CoE values are both 
significantly more positive and more negative than 
the value for average seawater (about —0.2%o VPDB 
for all seasons and sites following range in Table 2). 
At the same time, the DIC concentrations have 
increased by nearly a factor of 7 relative to the 
concentration of about 2mM for DIC in the 
original seawater (see data in Table 2). The range 
of pore water chemical evolution is much greater 
for the South Florida sediments than was observed 
in the Bahama Banks locations studied by Hu 
and Burdige (2007) which were generally coarser 
grained and contained more oolitic carbonate grain 
types. 

In general, pore waters from Group 1 Florida 
Bay mudbank sites, characterized by closed system 
SO, reduction stoichiometry and by low excess 
Ca** concentrations, have the most negative 
8°Cwic) values. In contrast, pore waters from 
Group 2 bioturbated environments, characterized 
by sulfide oxidation and high excess Ca** concen- 
trations, have the most positive 5° CwIE values. 
Pore waters from Group 3, coarser grained, less 
chemically evolved waters, also have relatively 
unevolved 8° Coie values. 

It is useful from an isotope mass _ balance 
perspective to attempt to isolate the contributions 
to the DIC pool based on pore water elemental 
stoichiometries and on well-characterized reservoir 
8°Cwic) values. The DIC contributed from origi- 
nal seawater and the DIC contributed from net 
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dissolution of carbonates is identifiable from both a Table 5 (continued) 

mass balance and stable C isotope perspective. 

Given the known DIC and 8° Cw) values Bile ee a ae ee 
contributed from overlying seawater (see Table 2) : cm~3d~!) (mmol 
and the amount of DIC contributed from net em~ yr 


carbonate dissolution (e.g. pore water concentration 


of excess Ca**) from sediments of known 8'°C es : is 
values (see Table 3), the mass balance for amount ; 
of pore water DIC contributed solely from B8’ Hawk Channel Tav. | s . 7" 
organic matter decomposition reactions, termed ae = 
DICorg.metabol (see relation (13)) can be made: 6-8 60 7 
If the sediment-pore water system is not affected 10-12 60 46 
by diffusive mass transport, which is reasonable for 14-16 61 58 
highly bioturbated systems characterized by advec- T6-18 59 10 0.5 
tion, the DIC concentration should only reflect the B9 Hawk Channel Rod.1 0-2 61 48 
amount of organic matter oxidized and carbonate 24 57 72 
dissolved. Thus, the mass balance on the isotopic : : 
composition of DIC should also hold according to : hoe oe a8 
the following relation using the known C isotope 14-16 66 46 
20-22 63 19 1.0 
Florida Bay 
BI’ Crab key lake 0-2 80 117 
Table 5 24 74 152 
Sulfate reduction rates and sediment porosity 46 71 115 
8-10 69 63 
Site Depth Porosity SRR Integr. 14-16 63 34 
(cm) (%) (nmol rate 22-24 61 17 1.5 
—3 4-1 
cm ~d~’) (mmol ; 
em7*yr7!) B3’ Shell key fringe 0-2 81 100 
24 81 111 
Reef tract 46 78 74 
B4’ Tavernier Bank 0-2 69 45 6-8 74 62 
2-4 68 171 10-12 70 56 
46 69 163 14-16 71 14 1.0 
6-8 65 199 ; 
10-12 66 187 B2’ Crab key mudbank 0-2 81 277 
14-16 72 60 —- Le 
20-22 69 60 2.6 46 81 277 
6-8 79 137 
BS’ Tavernier offbank 0-2 72 161 10-12 76 94 
24 72 168 14-16 74 64 
46 69 38 18-20 72 38 221 
6-8 69 50 
10-12 67 23 BI!’ Captain key fringe 0-2 80 7717 
14-16 64 17 24 78 621 
16-18 66 18 Ll 46 77 295 
6-8 75 189 
BO’ Tavernier offbank 0-2 64 349 10-12 72 112 
24 62 252 14-16 73 17 
46 61 244 20-22 72 26 4.9 
6-8 60 330 
10-12 60 95 B12’ Captain key 0-2 85 1158 
14-16 60 118 mudbank 24 84 1032 
20-22 60 19 3:7 46 82 407 
‘ . 6-8 80 487 
B7’ Tavernier offbank 0-2 67 265 10-12 77 468 
tind 1 14-16 78 283 
4-6 65 = 18-20 79 218 ~=—-:10.3 
6-8 60 162 
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values of the seawater and carbonate DIC reser- 
voirs: 


13 
a) Cipic)-org.metabol 


(83 Cww1cpw-total DICpw-total) _ ((5'° Ceic)sw) DIC ww) +r ( (5! Ceathonate ~ A) Cary a) 


given sediment-pore water profile (see Sayles and 
Curry, 1988, for details). Briefly, the slope of the line 


DIC ore metabol 


where 8'°Cipic)sw is known (—0.2%o VPDB), DIC ww 
is known (2mM), 8'3Ccarbonate i8 known (+2.0%o 
VPDB), A is the equilibrium C isotopic fractiona- 
tion between solid carbonate and aqueous DIC, the 
pore water parameters 8°Cwic) totar ANd Cazcress are 
known (see Table 1), and DIC org metabot is obtained 
from relation (8). The value of A at 25°C is small, 
only about 1%bo (i.e. Emrich et al., 1970), and thus is 
neglected for this calculation. 

The calculated parameters, 8 Cisichicte metabo 
and DIC,:¢ metabo are plotted for all the pore 
waters in Fig. 6. The average 5'°C values for bulk 
organic carbon of sea grass (see Table 4) and bulk 
carbonate sediment (see Table 3) are indicated by 
shaded areas. If the reaction stoichiometry for 
generation of pore water DIC values were consistent 
with the isotope compositions of sources, the 
calculated values should equal the 5'°C value of 
the decomposing organic matter. Very few of the 
pore waters from any of the three geochemical 
groups have calculated 5'Cyetabolic Values within 
this shaded range. The offset in the calculated and 
expected values for 8'*Cinetabolic Seems to increase as 
the amount of DIC oro metabo! Increases. Group 2 
pore waters closely approach the average 5'°C 
region for bulk carbonate sediments, even though 
the mass and isotope balances were corrected for 
carbonate dissolution contributions. This behavior 
is observed in each of the three geochemical groups, 
albeit to varying extents, which suggests that the 
8°Cwic) values of most pore waters have evolved 
to more positive values by isotopic exchange 
between carbonate minerals and the organic matter 
undergoing decomposition. 

These results are broadly similar to those recently 
presented by Hu and Burdige (2007) where many 
pore waters possessed a more positive C isotope 
composition than could be explained by the mass 
balance of carbon inputs. Hu and Burdige (2007) 
employed a graphical approach for establishing the 
value of C isotope inputs to pore waters using the 
relationship between the DIC,.-totar concentration 
and the parameter (8° CprcpwD1Cpw-total) within a 


: (13) 


from linear regression analysis gives the 5'°C value 
of summed inputs to the sediment-pore water 
system. The intercept of the line should be close to 
the observed bottom water value of DIC and 
8°Cwic)- A more detailed explanation and deriva- 
tion of this graphical method is provided in Hu and 
Burdige (2007). 

Our pore water data from the South Florida 
platform is plotted in this coordinate system in 
Figs. 7A and B. All of the data are presented in 
Fig. 7A, with the three geochemical groups indi- 
cated. The position of the starting seawater from 
these sites is also indicated in Fig. 7A. Three 
representative pore water data sets from individual 
boxcores of each of the geochemical groups were 
selected for linear regression analysis, and the 
results are presented in Fig. 7B. The sites were 
selected based on the amount of data available in 
order to obtain significant results and include the 
following as typical examples (Group 1—mudbank, 
B8; Group 2—island fringe, Bl; and Group 3— 
Tavernier Bank, B8). 

The linear regression for one of the three 
representative pore water data sets (Group 2 (B1) 
island fringe-sulfide oxidation, high excess Ca’* 
values) is distinguished by having both an insignif- 
icant correlation coefficient (r = +0.19) and small 
positive slope of +0.2. For this data set, there is 
poorer resolution of the relative contributions of 
carbonate carbon and organic carbon to pore water. 
The value of the slope suggests that carbonate 
carbon dominates the pore water budget. In 
contrast, the data sets of pore waters from the 
mudbank site in Florida Bay (Group 1; B8) and the 
less evolved Tavernier Bank site (Group 3; B10) 
both have highly significant correlation coefficients 
(—0.94 and —0.98, respectively) and negative slopes 
(—5.4 and —2.7, respectively) which permit resolu- 
tion of proportions of organic and inorganic carbon 
inputs to these pore waters. 

Results for mudbank boxcore, B8, indicate that 
the average input of DIC to the pore waters has 
a 85'°C value of —5.4% VPDB. If the largest 
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Fig. 5. Pore water DIC (mM) vs. 8° Cwic) (%o). Symbols identify the three geochemical groups (shaded square, Group 1; open circle, 
Group 2, and shaded triangle, Group 3). DICs from Group 2 pore waters have the most positive 5'°C values and those from Group 3 pore 


waters have the most negative 5'°C values. 


reasonable 5'3C value of organic carbon is assumed 
(—8%o VPDB) and the actual 8'°C value of 
carbonate carbon in Florida Bay sediments (+ 2%o 
VPDB, see Fig. 3A), this slope value indicates an 
input mole ratio of inorganic:organic C sources of 
0.33:1 In other words, this means that carbonate C 
has supplied about 25% of the increase in pore water 
DIC, despite the fact that net carbonate dissolution 
is minor in B8. For Tavernier Bank boxcore, B10, 
the average input of DIC to pore waters has a 5'°C 
value of —2.7%0 VPDB. Using the same 8'°C values 
of organic carbon (—8%o VPDB) and the actual 8'3C 
value of carbonate C in Tavernier Bank sediments 
(+3%o VPDB; see Fig. 3A), this slope value indicates 
an input mole ratio of inorganic:organic C sources 
of 0.94:1. In other words, this means that carbonate 
C has supplied about 50% of the increase in pore 
water DIC in B10. 

The same exercise can be presented for the island 
fringe boxcore (Bl), a Group 2 site with more 
extensive sulfide oxidation and fairly extreme values 
of Cazxbess- Although the slope is not known with 
confidence, the value of +0.2 suggests that the 
average input of DIC to these pore waters has a 
35'°C value of +0.2%o. Given the '°C value of bulk 
carbonate (e.g. +2 for Florida Bay) and the 5'°C 
value of organic carbon (—8%o), this slope value 
indicates an input mole ratio of inorganic:organic C 


of 4.5:1, much greater than either the B10 and B8 
boxcore data. 

The estimates of C inputs from inorganic vs. 
organic sources obtained from C isotope mass 
balances can be compared with values for input 
ratios of carbonate C: organic C based on elemental 
mass balances (see Fig. 2C). For the mudbank (B8) 
pore waters, the mass balance suggests an input 
ratio of inorganic:organic C of about 1:10. For 
Tavernier Bank (B10) pore waters, the mass balance 
suggests an input ratio of inorganic: organic C of 
about 1:3. For island flank (Bl) pore waters, the 
mass balances suggest an input ratio of inorgani- 
c:organic C of about 1:2. In each of the three cases, 
the carbonate C inputs required from the isotope 
mass balance are factors of about 3 times higher 
than they are for elemental mass balance (for B8 
and B10 sites), and about 9 times higher for the B1 
site. The overall conclusion from this exercise is lack 
of stoichiometric behavior between DIC concentra- 
tions and the established 8'°C values of organic 
matter, such that pore waters display significantly 
higher in 8'°C values. The significant linear regres- 
sion results for carbonate:organic C values obtained 
for boxcores B8 (mudbank) and B10 (Tavernier 
Bank) will be used for platform scale estimations of 
dissolution and recrystallization fluxes later in this 


paper. 
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Fig. 6. Results of isotope and elemental mass balance calculations that permit estimation of the 8'°C value of DIC derived from organic 
matter metabolism. The total DIC contents shown in Fig. 5 have been corrected for DIC masses contributed by original seawater and from 
net carbonate dissolution (e.g. excess Ca?* concentrations). Metabolic 81°C values are calculated from the isotope mass balance of pore 
water DIC concentrations and are corrected for the concentration and C isotope compositions of seawater (assuming an average DIC 
value of 2mM and a 8'3C value of —0.2%o, respectively) and C isotope value of CaCO; (corrected for excess Ca? concentration assuming 
an average 5'7C value of +2%o). Most pore waters fall in between the shaded fields for carbonate and organic carbon 8'3C fields, 
suggesting significant input of carbonate-sourced DIC in addition to that supplied by the mass balance of net dissolution (e.g. excess Ca” * 


concentrations). 


The non-stoichiometric behavior of 8° Cwic) 
values in Florida Platform sediment pore waters 
could be caused by phenomena other than recrys- 
tallization of carbonate minerals. Recall that much 
smaller discrepancies between modeled and mea- 
sured pore water 8° Cw) values have been 
observed in deep-sea carbonate sediments (Sayles 
and Curry, 1988; McArthur, 1989) and carbonate 
recrystallization was not considered a viable me- 
chanism because of lack of sufficient reaction time 
(McArthur, 1989). Explanations advanced include 
depressurization artifacts (McArthur, 1989), diffu- 
sion of '*C-enriched bottom water CO37 into pore 
waters, or preferential release of '*C from decom- 
posing organic matter (Sayles and Curry, 1988). 
Diffusion and depressurization phenomena cannot 
be reasonably invoked for the bioturbated shallow 
marine sediments of the South Florida platform. 
As well, data on the C isotope values of fresh 
organic matter vs. that within sediments discussed 
earlier (Section 4.2) suggest that this is also not a 


viable mechanism for sustaining '*C enriched pore 
waters. 

One other possible mechanism potentially plausible 
for organic-rich sediment pore waters would be the 
release of ‘°C enriched methane. It is well established 
that DIC with positive 8'°C values is generated by 
methanogenesis in low-sulfate evolved marine or 
freshwater sediments (Presley and Kaplan, 1968; 
Whiticar et al., 1986). However, it would be very 
unusual for methanogens to be active in pore waters 
with the high SO; concentrations of Florida 
sediment as sulfate-reducing bacteria easily out 
compete methanogens for available substrates (i.e. 
Oremland and Taylor, 1978; Lovley et al., 1982; 
Kuivila et al., 1989). Lyons et al. (2004) determined 
very low methane concentrations from head gas 
analyses even for the unusually reducing, sulfidic 
mudbank sediments from Bob Allen key (generally 
less than 10uM methane). Thus, methanogenesis 
cannot be reasonably invoked to account for the non- 
stoichiometric stable carbon isotope mass balances. 
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Fig. 7. Carbon isotope inputs to pore waters estimated from 
8° Cwic) and DIC concentrations: (A) all overlying seawater and 
sediment pore water data from Florida Bay and reef tract 
environments for the upper 100cm (includes data from both 
boxcores and tube cores). Symbols indicate pore waters from 
Group | (shaded squares), Group 2 (open circles), and Group 3 
(shaded triangles). (B) Linear regression analysis for 8° Cwicey vs. 
DIC concentrations from representative individual boxcore data 
(upper 30cm of sediment) from each of the groups (Group 1 
example B8: mudbank; Group 2 example BI: island fringe; 
Group 3 example B10: Tavernier Bank). The values for overlying 
seawater from the sites are indicated by starred symbols, but 
these were not included in the linear regression analysis. The 
value of the slope for each line provides an estimate of the 8'°C 
value of the DIC added to the pore water. In all cases, this value 
requires significant inputs from carbon sources with higher 6'°C 
values than organic matter. Regression fits for B8, B1 and B10 
data sets have correlation coefficient (r) values of: —0.98, +0.19, 
and —0.94, respectively. 


4.5. Incubation experiments and C isotope buffering 


The hypothesis that pore water equilibration and 
C isotope exchange have occurred between carbo- 
nate minerals and organic matter can be further 
evaluated using the results of the anoxic, closed 
system sediment incubation experiments. These 
experiments minimize the influence of sulfide 
oxidation and of net carbonate dissolution from 
the system, and focus on the effects of sulfate 
reduction and carbonate recrystallization. The 
results for solutions spiked with small amounts of 
a Na»CO; solution with a low 8'°C value and for 
unspiked natural control sediments are presented in 
Table 6 and in Fig. 8. All the incubations experience 
an increase in pore water DIC values as progressive 
closed system sulfate reduction occurs. Pore water 
Ca**/CI” ratios decrease with progressive incuba- 
tion (see Table 6) making it unnecessary to consider 
net inputs of carbonate-sourced DIC during the 
experiments. 

Florida Bay mudbank (B2’, Crab key) sediment 
depth intervals exhibit similar increases in DIC, 
attaining values of over 20mM during the 10-day 
course of the incubations (see left panel of Fig. 8). 
Control experiments experience nearly a 10-fold 
increase in DIC concentration, yet manifest a 
decrease in 82° CoE of only 2%o. Spiked experi- 
ments experience about a 4-fold increase in DIC, 
and manifest an increase in 5° Cwic) of about 7%o. 
Although the evolution paths of the 8° Coie in 
spiked vs. control experiments differ, the paths 
ultimately converge, approaching a common 
8° Coie value of about —6%o. 

The experimental results for the two reef tract 
sites (Tavernier Bank and offbank, B4’ and BS’, 
respectively) for several sediment depth intervals are 
shown on the right panel of Fig. 8. Both spiked and 
control experiments undergo similar increases in 
DIC concentrations. Although the DIC values 
reached for the reef tract sites are smaller than 
those for the Florida Bay mudbank site, the reef 
tract incubations only underwent a 5-day total 
incubation period so the rates of sulfate reduction 
and DIC generation are actually similar for the 
sites. The overall evolution paths of the spiked and 
control incubations are similar to those observed for 
the Florida Bay mudbank incubation, but the initial 
8° CoE values in the two sets of incubations 
appear offset by a factor of between 1%o and 2%o. 
This is likely caused by the difference in the initial 
8° Cowie) values of overlying seawater (about 1%o0 
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greater for reef tract seawater; see Table 2) and the 
difference between the 5'°C values of the carbonate 
(about 1%o greater for Reef Tract sediments; see 
Fig. 4A). It is also notable that the evolution paths 
of the spiked and control experiments for reef tract 
sediments ultimately converge, approaching a com- 
mon 8° CoIE value of about —4.5%o. 

One conclusion that can be drawn from these 
incubation experiments is that there clearly is not a 
stoichiometric relationship between pore water DIC 
concentrations and 8" Cwic values. Also, the 
spiked experiments in both cases experience an 
increase in the 8° Cwicy value, despite the progres- 
sive input of DIC from microbial SOq” reduction 
with relatively depleted ‘°C values. Another, per- 
haps more subtle point is that regardless of 
evolution path or absolute DIC mass balances from 
organic matter decomposition, both experiments 
appear to approach a 8° Cie) value that is offset 
from the bulk carbonate sediment 8'°C value by a 
fractionation factor of about —8%o VPDB. The only 
aqueous species in the carbonic acid system with a 
fractionation factor with respect to solid carbonate 
of this magnitude is CO> (e.g. Emrich et al., 1970; 
Wigley et al., 1978). That this fractionation factor is 
observed suggests that C isotope exchange between 
aqueous CO, and carbonate minerals plays a 
significant role in the '*C enrichment in incubations 
as well as natural pore waters. 


4.6. Pore water Sr°*/Ca’* ratios: recrystallization 
and mineralogic transformation 


The Sr?*/Cl~ and Ca?*/Cl~ ratios for pore 
waters from our data set are presented in Fig. 9. 
Only those pore waters with significantly elevated 
Ca’*/Cl~ values (e.g. excess Ca”* values greater 
than 0.50mM) are used for this exercise so that the 
composition of dissolving carbonate phases can be 
most accurately resolved. The field for overlying 
seawater values of Sr**/Cl~ and Ca**/CI~ (see 
Table 2 data) is shown in Fig. 9 to establish the 
starting point of the mass balance exercise. Trajec- 
tories evolving away from the original seawater 
values of Sr**/Cl~ and Ca**/Cl- as either arago- 
nite or high-Mg calcite progressively dissolve or 
precipitate are also indicated in Fig. 9. These 
compositional trajectories use the highest Sr?*/ 
Ca** mole ratio values in biogenic aragonites and 
high-Mg calcites from Florida Bay (Rude and Aller, 
1991). The Sr** /Ca** value observed in calcareous 
green algae was used for the aragonite dissolution 


path (Sr**/Ca** mole ratio of 12.6 x 107°), and the 
Sr?*/Ca** values of Peneropolid foraminifera were 
used for the high-M¢g calcite dissolution path (Sr**/ 
Ca?‘ mole ratio of 3.5 x 107°). The trajectory for 
inorganic aragonite precipitation from seawater is 
also shown in Fig. 9. Experimental work has shown 
that the distribution coefficient for Sr?* in arago- 
nite is very near unity (Morse and Mackenzie, 1990) 
so that the Sr?" /Ca** in inorganic aragonite should 
be close to the original seawater value (Sr? * /Ca** 
mole ratio ~8.7 x 107°). 

Pore water data from our South Florida platform 
environments fall in between the Sr? * /Ca** values 
for aragonite and Mg-calcite dissolution and do not 
give an indication of preferential alteration of one 
mineral to another. The pore water data trend 
indicates Sr**/Ca** ratios not all that different 
from the value of overlying seawater, very similar to 
the results of Burns and Swart (1992). Evidence of 
carbonate recrystallization has been reported from 
pore water elemental relations of fluoride and 
strontium (Rude and Aller, 1991). The data from 
Florida Bay mudbanks (Rude and Aller, 1991) with 
extensive degrees of sulfate reduction and significant 
depletions in Ca**/CI- are also plotted in Fig. 9. 
These data show that even in chemically evolved 
pore water systems, the Sr**/Cl~ ratios for pore 
waters with severe Ca**/Cl~ depletions remain 
relatively unperturbed. This is likely attributable 
to the similar mineralogy of the precipitating and 
dissolving phases, consistent with results from 
South Florida sediments that have been unable to 
resolve a significant change in down core miner- 
alogy. It should be pointed out that although 
mudbank sediment pore waters had evidence for 
net precipitation, mass transport and elemental 
relations indicated a net dissolution flux of about 
300pmolem~*yr7' and a_ recrystallization flux 
about 2100 pmolem~* yr~! (Rude and Aller, 1991). 


5. 5'°C buffering in biogenic carbonate pore waters: 
mechanism, magnitude, and implications 


Both the incubation experiments and the pore 
waters from natural environments across the South 
Florida platform suggest strongly that carbon 
isotope exchange is occurring between the bulk 
carbonate solid and the DIC sourced from organic 
matter decomposition. The data for the closed 
system incubation experiments reveal a large offset 
between the 5'°C values of the bulk carbonate 
sediment (between +2%o and +3%o VPDB) and the 
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Table 6 


Pore water data from incubation experiments 
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produced only from organic matter by microbial 
SO7 reduction. Thus, the A value near —8%o can be 
considered to represent a balance between the DIC 
input from organic carbon decomposition (about 


Time Depth DIC 83C-DIC Ca/Cl 
(d) (cm) (mM) (%0VPDB) (mM M7) 
Crab key mudbank (B-2') natural 
Initial (0-2) 3.33 —3.71 18.6 
4 (0-2) 14.46 —5.75 18.6 
10 (0-2) 20.15 —6.51 16.8 
Initial (4-6) 3.39 —3.1 18.5 
4 (4-6) 8.45 —4.87 18.6 
10 (4-6) 15.7 - 17.0 
Initial (10-12) 4.79 —3.29 18.8 
4 (10-12) 8.74 —3.53 19.1 
10 (10-12) 15.52 —4.13 16.8 
Tavernier Bank (B-4') natural 
Initial (0-2) 3.25 —2.28 19.2 
3 (0-2) 10.67 —3.47 18.6 
Initial (4-6) 4.64 —1.63 19.3 
3 (4-6) 9.49 —2.33 19.1 
Initial (10-12) 5.6 —1.71 19.7 
3 (10-12) 9.48 —2.4 19.5 
Tavernier offbank (B-5') natural 
Initial (0-2) 3.36 —2.97 19.8 
5 (0-2) 18.51 —4.46 19.1 
Initial (10-1 2) 4.36 —1.28 20.1 
5 (10-12) 11.01 —1.99 20.0 
Crab key mudbank (B-2') spiked 
Initial (0-2) 4.5 —12.33 - 
4 (0-2) 15.76 —6.49 18.5 
10 (0-2) 25.92 —5.82 15.4 
Initial (4-6) 5.77 —10.87 - 
4 (4-6) 10.99 —7.33 18.1 
10 (4-6) 13.97 —6.33 15.4 
Initial (10-12) 12 —8.83 - 
4 (10-12) 14.91 —6.02 18.3 
10 (10-12) 13.99 —5.44 16.9 
Tavernier Bank (B-4') spiked 
Initial (0-2) 6.28 —7.31 - 
3 (0-2) 10.32 —4.58 18.3 
Initial (4-6) 9.67 —9.13 - 
3 4-6) 12.42 —4.15 17.9 
Initial (10-12) 8.99 —6.11 - 
3 (10-12) 14.15 —3.89 18.7 
Tavernier offbank (B-5') spiked 
Initial (0-2) 5.69 —6.79 - 
5 (0-2) 14.97 —5.61 18.7 
Initial (10-12) 9.73 —8.35 - 
5 (10-12) 12.86 —3.6 18.7 


Spike: 5 ml of 30meq 1”! Na.CO; (~—20%). 


8° Cwic) of pore waters (between —4.5%o and —6%o 
VPDB), suggesting a large A value of about —8%o 
(see Fig. 8). As there was no net carbonate 
dissolution of carbonate minerals during the in- 
cubation experiments (see Table 6), the DIC was 


10% VPDB) and the bulk carbonate material 
(about +3%o VPDB). 

If the equilibrium carbon isotope fractionation 
between CaCO; and HCO3 controls the 8° Coie 
as expected for these near neutral pore water pH 
values, the 5!3C value of the DIC should be buffered 
within 1%o of the host carbonate value (i.e. A value 
about —1; Emrich et al., 1970; Wigley et al., 1978). 
The only dissolved carbonate species with such a 
large negative fractionation factor is CO>. In fact, 
kinetic studies of carbonate dissolution and pre- 
cipitation show that CO, affects reaction rates. In 
some of the earliest laboratory work on carbonate 
dissolution and precipitation, Plummer and Wigley 
(1976) demonstrated that a term for the concentra- 
tion of aqueous CO, was required in the kinetic 
equations for carbonate dissolution, and this has 
also been shown to be the case for calcite precipita- 
tion (Reddy et al., 1981). 

More recently, elegant experiments of Dreybrodt 
et al. (1996) on carbonate dissolution have shown 
that removal of aqueous CO) at the calcite surface 
can be the rate limiting step and that this is most 
important for systems with a high ratio of carbonate 
surface area (A) to solution volume (V). For 
V/A<10~*cm, dissolution is controlled entirely by 
conversion of CO, into H* and HCO}; (Dreybrodt 
et al., 1996). The importance of aqueous CO, supply 
and removal as the rate limiting step was established 
by utilizing carbonic anyhydrase in parallel experi- 
ments, which showed rapid increases in carbonate 
reaction kinetics once the CO, conversion inhibition 
had been removed. The same dependence has been 
demonstrated for calcite precipitation kinetics 
(Dreybrodt et al., 1998). The results of Dreybrodt 
et al. (1996, 1998) establish the significance of 
aqueous CO, in carbonate reaction kinetics, 
although potential ramifications for stable isotope 
compositions were not explored. 

It is reasonable to expect that aqueous CO; plays 
a critical role in the dissolution/precipitation of 
sediment-pore water systems with biogenic carbo- 
nates, as these tend to have very high surface area: 
solution volume values. For South Florida platform 
sediments, porosity values of 0.7 are common (see 
Table 5) and specific surface areas of the most 
common biogenic sources (foraminifers and calcar- 
eous green algae) are about 2m*g~' (Walter and 
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Fig. 8. DIC concentrations and 5° Cwic) values from closed system, anoxic incubation experiments using Florida Bay (mudbank, B2’) 
and reef tract (Tavernier Bank, B4’; Tavernier offbank, BS’) sediment intervals. Closed symbols and solid lines represent the natural 
sediment incubation results; open symbols and dashed lines represent a parallel series of experiments spiked with a NaxCO; solution with a 
low 8'3C value of -30%o VPDB. Different symbols and lines represent the 0-2, 4-6, and 10-12cm sediment depth intervals incubated for 


each site. 


Morse, 1985). Using a bulk density of 2.8gcm~* 
yields a V/A of 0.7x10-%cm (lem?/(0.7g 
CaCO;cm~* x 2.0 x 10*cm*g~') which is at or 
below the critical V/A value given by Dreybrodt et 
al. (1996) of 1 x 107-?cm. This mechanism also may 
be applicable to biogenic low-Mg calcites supplied 
to deep-sea sediments which have similarly large 
specific surface areas. The surface areas of plank- 
tonic foraminifera are as large as those for the 
biogenic carbonates in South Florida platform 
sediments, with values of between 2 and 4m7g™! 
(Honjo and Erez, 1978). Specific surface areas for 
coccolith plates and pteropods are also very high, 
typically between 4 and 10m*g™! (Keir, 1980). 
Debenay et al. (1996) showed that very fine crystal- 
lites were a common structural feature in benthic 
foraminifera as well. As a group, the deep-sea 
biogenic carbonate sources may even be considered 
to have higher specific surface areas than those 
supplying shelf carbonates. 

Thus, the large kinetic fractionation of '°C 
between the bulk carbonate and the bulk DIC 
(A value of about —8%o) observed in the incubation 
experiments may be controlled by interactions with 
CO, at the carbonate surface. For natural pore 
waters that experience sulfide oxidation as well as 
sulfate reduction, 81° Cwicy values likely represent a 
dynamic balance among the rates of microbial 
sulfate reduction, carbonate dissolution, and physi- 
cal mixing of the sediment-pore water system. With 


CO, as the active species at the mineral water 
interface, the 58°C values value of the CO, from 
organic matter decay should be about 8% lower 
than the bulk organic-sourced DIC (or about a 
value of —16%o assuming a conservative average 
organic matter 5'°C value of ~—8%o). The bulk 
carbonate C isotope value of +2 to +3%o0 VPDB is 
in equilibrium with a CO, composition that is 8%o 
lower. Thus, the solid carbonate reservoir controls 
the isotope exchange mass balance and sets the CO 
at the interface to a value of about —6%o, as observed 
in the incubation experiments. In effect, the C from 
carbonates exchanges with the CO, from organic 
matter during recrystallization, incorporating C 
with low 8'°C values into the bulk carbonate, and 
increasing the 8° Coie) values of pore waters. 

The significance of C isotopic exchange in South 
Florida sediments can be assessed by integrating the 
stoichiometries presented earlier for carbonate and 
organic matter contributions to DIC mass and C 
isotope balances in pore waters with data on rates of 
biogenic carbonate production, carbonate dissolu- 
tion, organic matter decomposition, and sedimenta- 
tion accumulation. Although all of these controlling 
parameters have significant uncertainties associated 
with them, bounded estimates of the relative annual 
fluxes can be made to illustrate the importance of 
carbonate recrystallization. Given the availability of 
isotope mass balance results, we have selected 
Florida Bay mudbank (B2) and the burrowed reef 
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Fig. 9. Ca**/CI- vs. Sr?*/CI~ molar ratios of seawater and 
sediment pore waters. Only pore waters with significantly 
enriched Ca”*/Cl~ ratios (greater than 0.25mM excess Ca**) 
are shown to illustrate chemistry of pore waters with net 
dissolution. The position of starting seawater for the mass 
balance calculations is marked by the large symbol (e.g. Sr?" /CI7 
of 160.7uMM~!, Ca?*/Cl~ of 18.68uMM7! Sr?*/Ca?* of 
8.6 x 10-?mmol mol7'). Theoretical trajectories for progressive 
dissolution of aragonite and of high-Mg calcite, and for 
progressive precipitation of biogenic aragonite, inorganic arago- 
nite, and Mg-calcite are indicated. The Ca**/Cl~ and Sr?*/CI~ 
for pore waters from highly reducing Bob Allen key mudbank 
(Rude and Aller, 1991) indicate large depletions in Ca?* and 
Sr’*, with nearly 50% of the pore water Ca?* removed by 
precipitation. 


tract sediments of Tavernier Bank (B10) for this 
exercise. 

The carbonate: organic C input mole ratios 
computed using the 8° Cw) mass balances in the 
previous section were 0.33:1 carbonate:organic C 
for Florida Bay mudbank (B2), and 0.94:1 carbo- 
nate:organic C for Tavernier Bank (B10). The ratio 
of net carbonate dissolution to organic carbon 
decomposition via microbial sulfate reduction is 
shown in Fig. 2C for the various environments in 
South Florida. Although the ratios vary for pore 
waters in Fig. 2C, it is reasonable as a first 
approximation to evaluate the bounding mass 
balance values of carbonate:organic C mole ratios 
of 1:10 for B2, following the line indicated on 
Fig. 2C for Group 1 mudbanks with most extensive 
degrees of sulfate reduction. A value of carbona- 
te:organic C mole ratios of 1:3 is used for B10, 
following Groups 2 and 3 pore waters with sulfide 


oxidation (see Fig. 2C). The amount of carbonate 
recrystallization relative to the amount of net 
carbonate dissolution is obtained by taking the 
ratio of carbonate input from C isotope balance to 
the carbonate input from C elemental mass balance. 
For Florida Bay mudbank (B2) that value is 0.33/ 
0.10, a factor of 3.3, which means that 3.3 times 
more carbonate was initially dissolved than was 
ultimately released by net dissolution. For reef tract 
bank (B10) that value is 0.94/0.33, or 2.85 times 
more carbonate initially dissolved than was released 
by net dissolution. 

These ratios can be integrated with the slopes 
derived from the 8°Cwpi1cDIC vs. DIC regression 
(see Fig. 7B) to estimate the amount of organic 
carbon exchanged during recrystallization. The 8'°C 
values of DIC inputs were —5.5%o for B2 and 
—2.7%o for B10 (Fig. 7B). We assume 5'°C values of 
organic matter of —8%o and 5'°C carbonate values 
of +2%o for Florida Bay mudbank B8, and 5'°C 
carbonate values of +3%o for reef tract Tavernier 
Bank B10. The results of the proportionality 
relations yield the following relative values for the 
Florida Bay mudbank endmember: 1 mole net 
carbonate dissolved, 2.3 mole total carbonate re- 
crystallized, 5mole SOZ reduced, 10 mole organic 
carbon decomposed, and 1.7 mole of organic carbon 
“buried” via C isotope exchange during recrystalli- 
zation. The results of the proportionality relations 
for the burrowed reef tract bank endmember yield 
the following relative values: 1 mole net carbonate 
dissolved, 0.61 mole total carbonate recrystallized, 
1.5mole SOZ reduced, 3mole organic carbon 
decomposed, and 0.31 mole organic carbon “‘bur- 
ied”’ via C isotope exchange during recrystallization. 

These relative values can be transformed into 
estimates of annual fluxes if the rates of either SO7~ 
reduction or net carbonate dissolution are known 
with reasonable confidence. Given that the degree of 
sulfate reduction is greatest in mudbank environ- 
ments, the average annual SRR value of 2mmol 
SOZ cm~* yr! from our own results and those of 
Lyons et al. (2004) provide a reliable constraint. For 
the Tavernier Bank endmember, Walter and Burton 
(1990) estimated a net carbonate dissolution rate of 
0.5mmolcm~*yr~! from several lines of evidence, 
and this provides another reliable constraint. 
The carbonate dissolution and _ recrystallization 
fluxes from Bob Allen key mudbank, based on 
mass transport modeling and on fluoride behavior, 
respectively, are 0.23mmolcm™~yr~' for net 
carbonate dissolution and 1.5mmolcm?yr~! for 
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carbonate recrystallization (Rude and Aller, 1991). 
The independently determined value of the net 
dissolution flux from mudbanks is comparable to 
the value we estimate of 0.20mmolcm~ yr~'. The 
amount of recrystallization estimated by Rude and 
Aller (1991), however, is about three times greater 
than the value we estimate from our mass and C 
isotope balances of 460 mmolcm~? yr~!. 

Using the relative values given above for the mass 
and isotope balance constraints from our study of 
each endmember yield the following organic C 
“burial” flux estimates: 

Florida Bay mudbanks—0.69 mmol Ccm~ yr™' 
(or 17% of the total annual organic C processed). 
Tavernier Bank—0.15 mmol Ccm~? yr~! (or 10% 
of the total annual organic C processed). 


These are preliminary and approximate estimates, 
given the sensitivity to the values assumed for the 
5'°C values of organic matter being utilized in these 
sediments as well as the uncertainties associated with 
the input ratios of carbonate:organic C to pore water 
DIC. For example, if a smaller 8'°C organic C value of 
—10%o VPDB were assumed, the amount of organic 
carbon exchanged with carbonate carbon would 
increase by about a factor of 3. Nevertheless, this mass 
balance exercise shows that C isotope exchange and 
carbonate mineral recrystallization appear to be 
significant phenomena occurring during the earliest 
stages of sedimentation in these shelf carbonates. 

As such, carbonate recrystallization rates appear 
of similar magnitude to rates of biogenic carbonate 
and organic matter production, net carbonate 
dissolution, and organic matter burial. The amounts 
of carbonate material recrystallized are very large, 
large enough that 8'°C values of carbonates could 
be significantly affected. Furthermore, the amounts 
of °C incorporated into the recrystallized carbonate 
rival those actually buried as organic carbon in the 
sediment. As mentioned, carbonate budgets for 
amounts of biogenic production, sediment accumu- 
lation, dissolution, recrystallization are nearly im- 
possible to construct. Expressing dissolution rates 
as a percent of the biogenic production rate or of 
the net accumulation rate is not meaningful when 
sediments experience large differences in short-term 
sedimentation rates, where biogenic production 
rates are variable on small spatial scales due to 
community changes, and where the dissolution 
fluxes are largely derived from the upper 25cm of 
sediment. 


For Florida Bay and the Atlantic reef tract, the 
net dissolution flux of between 0.25 and 
0.50mmolcm~* yr~' seems more constant place to 
place than the short-term sedimentation rate, 
which ranges over factors of about 20. Walter and 
Burton (1991) compared a net dissolution flux value 
of 0.5mmolcm~’yr~', with an average long- 
term sedimentation accumulation rate of about 
0.5mmolcm~*yr~! (Bosence et al., 1985). They 
estimated that about half the annual biogenic 
production dissolved in pore waters, with the other 
half accumulating in the long-term sediment record. 
The combined elemental and isotope mass balances 
for Tavernier Bank sediments presented in the 
previous section yields estimates for carbonate mineral 
recrystallization of 0.3mmolm~yr~', and estimates 
for “organic matter” burial in recrystallized carbo- 
nates of 0.15mmolcm~*yr~'. The recrystallization 
fluxes are of comparable magnitude to biogenic 
production and accumulation fluxes, suggesting that 
all of these processes play an important role in 
controlling the ultimate composition of the carbonate 
rock that enters the geologic record. 

The significant isotopic exchange between organic 
and carbonate carbon is potentially important for 
global biogeochemical models, which use the offset in 
5'°C values of organic and carbonate C reservoirs to 
estimate paleo—Pco, values (e.g. Hayes et al., 1999; 
Kump and Arthur, 1999) and to model the global 
redox balance of the atmosphere (e.g. Berner et al., 
1983; Berner, 2001). Another important implication 
for global biogeochemical models is the CO, budget 
derived from secular changes in the Phanerozoic 8'°C 
values of carbonate rocks. The 5'°C value recorded in 
ancient carbonate rocks is likely influenced by 
temporal factors, such as the amount of shelf 
carbonate vs. deep-sea carbonate, the amount of 
inorganic precipitation relative to that of higher 
surface area biogenic carbonates, and the 5'°C of 
the organic matter supplied to the sediments. Given 
the much larger organic carbon to carbonate carbon 
production ratio of shallow marine carbonates 
relative to deep-sea carbonates, it is reasonable to 
expect a larger net impact on the global ocean C 
isotope budget during geologic periods when shelf 
carbonate deposition dominates. The relatively large 
5'3C values for organic matter sources in modern 
carbonates are closely linked to the Cenozoic evolu- 
tion of marine angiosperms, so organic matter inputs 
prior to that time would likely have a smaller 8'°C 
values, increasing the impact of C isotope exchange 
between carbonate carbon and organic carbon. 
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The Phanerozoic record of 5'°C values serves as 
the basis for developing predictive models of global 
climate change (e.g. Berner et al., 1983). Modeling 
results are compromised to some extent if 5'°C 
values are not representative of global open ocean 
water values. The effects of syndepositional recrys- 
tallization on the 8'°C values biogenic carbonates 
likely extend to geochemical tracers used to infer 
redox conditions such as Mn, Cd, and REE. There 
has been significant recognition of the impact of 
deeper sediment burial and carbonate mineral 
stabilization reactions on trace element and stable 
isotope values (e.g. Reuning et al., 2005). However, 
the results presented here suggest earlier, more 
subtle changes may also be significant, all the more 
so when initial isotope or elemental data from 
biogenic carbonate sources are assumed to be 
faithful indicators of seawater or atmosphere 
composition. It is hoped that this initial survey of 
C isotope behavior in biogenic carbonate sediment 
pore waters will prompt new avenues of research to 
explore and better quantify these phenomena in 
both shallow and deep marine environments. 


6. Conclusions 


1. Carbonate pore waters in modern biogenic shelf 
carbonates fall into two endmembers; those with 
sulfide oxidation and significant amounts of net 
carbonate dissolution and those dominated by 
sulfate reduction with little net carbonate dis- 
solution. Pore water compositions suggest reac- 
tion stoichiometries for amounts of carbonate 
dissolved and amount of organic matter decom- 
posed, placing important mass balance con- 
straints on carbon processing. 

2. Like many earlier studies of the 8° CwIE of 
marine pore waters, we observe 8° Cie values 
that are too high to be compatible with mass 
balances of carbonate and organic matter 
sources. 

3. Experimental closed system incubation experi- 
ments show that 8'°C values of DIC evolve to 
similar values but from different directions in 
spiked vs. unspiked sediment pore waters. 

4. The large negative carbon isotope fractionation 
factor between the bulk carbonate and pore 
water DIC in incubation experiments suggests 
that aqueous CO, plays an important role in 
moderating isotope exchange between the host 
carbonate and decomposing organic matter. 


5. Recent experimental studies have established that 
aqueous CQO, is the rate limiting carbonate 
species for calcite dissolution and precipitation 
when solution volume to carbonate surface area 
ratios are less than about 1 x 107%. This critical 
value would be exceeded for high surface area 
biogenic carbonates (>2m~ g™’). 

6. Biogenic carbonates with high specific surface 
areas are also typical of pelagic and benthic 
calcitic foraminifers. Many deep-sea pore water 
studies have noted imbalances between measured 
and predicted C isotope compositions, suggesting 
that early recrystallization of high surface area, 
biogenic low-Mg calcite with excess surface free 
energy to larger crystallites of low-Mg calcites 
may be important and merit further investigation 
in deep-sea carbonate deposits. 

7. In shallow marine carbonate platform sediments, 
the amount of carbonate recrystallized is sig- 
nificant relative to the amount dissolved and 
amount accumulated each year on an areal basis. 
As such, these factors all must be considered in 
constructing carbonate budgets in the shallow 
marine environment and for modeling anthro- 
pogenic CO) sinks on human timescales. 

8. Because organic carbon is exchanged for carbo- 
nate carbon during recrystallization, there are 
significant impacts for the offset between the 
5'3C values between organic carbon and carbo- 
nate carbon. The 8'°C record of Phanerozoic 
carbonate rocks may be variably affected by 
early recrystallization processes suggesting the 
possibility that not all shifts in the 8'°C age curve 
for carbonate rocks are related to shifts in global 
ocean chemistry. 

9. Because the ramifications of the results presented 
here are important for global biogeochemical 
models, as well as for the sedimentary geochem- 
istry of shelf carbonates, further investigations of 
early C isotope exchange phenomena in field and 
laboratory settings seem warranted. 
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